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source (north of equator). (a) The surface wind field (vectors) and vertical motion field 
(contours, 0.3 interval: upward in north of equator); (b) The surface wind field and 
perturbation pressure (contours 0.3 interval). Both panels from are Gill (1980). 
 
Figure 2.11: Day 15 perturbation streamfunction fields (zonal average removed) for 
equatorial heating on Dec-Feb zonal flow for upper-level. The contour interval is 10x105 
m2/s. The zero contour is dotted and negative contours are dashed. Figure from Jin and 
Hoskins (1995). 
 
Figure 2.12: Eddy shedding experiment for f-plane for supercritical flow condition. The 
phases of shedding cycle (t=1) at t=0.25, t=0.5, t=0.75, t=1.0. Shading is absolute 
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(3B42 version 7). 
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core (black contour); b) 125 hPa total wind speed (shading m/s) and vectors, geopotential 
height (magenta contours, km), 35 m/s easterly jet core (black contour); c) surface total 
wind (vectors), mean sea level pressure ‘MSLP’ (magenta contours, hPa), approximate 
location of the monsoon trough axis (thick black dash line); d) same as (c) but zoomed 
over Nepal with MSLP at 1 hPa interval. D) 850 hPa GPT height pattern. Gray shading in 
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2000 m above sea level. 
 
Figure 4.2 Evolution of composite upper-level geopotential height anomalies and wind 
speed anomalies from two days before (-2 day) to two days after (+2 day) the 
cloudbursts. a) Left panel is 200 hPa; b) Right panel is 125 hPa. 0 day is cloudburst day. 
Blue vectors: total wind (m/s), shading: wind speed anomaly (m/s), Magenta contours: 
Negative GPT anomaly (20 m interval), Green contours: Positive GPT anomaly (10 m 
interval), Yellow contours: 95% significance of geopotential anomaly, Red contours: 
95% significance of wind speed anomaly, Black contours: climatological jet core (35 m/s, 
125 hPa and 30m/s, 200 hPa), Cyan contours: Cloudburst jet core (35 m/s, 125 hPa and 
30 m/s, 200 hPa), Gray thin contour: 2 km elevation above sea level. 
 
Figure 4.3 Evolution of composite surface synoptic features from two days before (-2 
day) to two days after (+2 day) the cloudburst day. 0 day is cloudburst day. a) Surface 
total wind vectors, MSLP (magenta contours at 2 hPa interval; b) Comparison of the 
cloudburst surface wind (blue vector) with climatology (black vector) zoomed over 
Nepal, MSLP (magenta contours at 1 hPa interval); Gray shading in (a) and (b) represents 
area with topography > 2 km above sea level and dashed line represents monsoon trough. 
c) Surface wind anomaly (vectors), MSLP anomaly (shading), 95% significant level 
(white contour); Gray thin contour: 2 km elevation above sea level. 
 
Figure 4.4 Evolution of composite surface synoptic features from two days before (-2 
day) to two days after (+2 day) the cloudburst day. 0 day is cloudburst day. a) Surface 
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the cloudburst surface wind (blue vector) with climatology (black vector) zoomed over 
Nepal, GPH (magenta contours at 1 hPa interval); Gray shading in (a) and (b) represents 
area with topography > 2 km above sea level and dashed line represents monsoon trough. 
c) Surface wind anomaly (vectors), surface pressure anomaly (shading), 95% significant 
level (white contour); Gray thin contour: 2 km elevation above sea level, 
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Figure 4.5: Vertical cross-section (averaged over 85-86E) showing evolution of 
composite PV anomaly and vertical velocity from two days before (-2 day) to two days 
after (+2 day) events. 0 day is cloudburst day. a) Potential vorticity (PV), shading: PV 
anomaly, yellow contour: 95% significance level of positive PV anomaly above 300 hPa, 
Thick magenta: 1.5 PVU surface and thin magenta: 1 PVU surface, Blue contour: 1.5 
PVU surface in climatology, b) Vertical velocity (shading), red contour: cloudburst 0.2 
Pa/s, green contour: climatological 0.2 Pa/s, Thick magenta: PV of 1.5 PVU surface and 
thin magenta: 1 PVU surface, Blue contour: 1.5PVU (PV climatology); Cyan contour: 30 
m/s jet cores (cloudburst), Black contour: 30 m/s jet cores (climatology), White shading 
represents topography. 
 
Figure 4.6: Composite timeseries of synoptic features from 7 days before to 7 days after 
the cloudburst event.  Averaging regions are given in Table 2.  0 day is the cloudburst 
day. a) Westerly trough, 200 hPa negative geopotential anomaly; b) WJ shift, 200 hPa 
positive wind speed anomaly; c) EJ shift, 125 hPa wind speed anomaly; d) Monsoon 
trough shift, MSLP anomaly over Nepal; e) upper-level PV anomaly, 300 hPa PV 
anomaly; f) Rising motion, 850-400 hPa vertical velocity anomaly (Pa/s). Red lines from 
(a) through (f) represent ±0.5 standard deviation. 
 
Figure 4.7: Timeseries of synoptic features for July 19-20 1993 cloudburst from 7 days 
before to 7 days after the cloudburst event: a) Westerly trough, 200 hPa negative 
geopotential anomaly; b) WJ shift, 200 hPa positive wind speed anomaly; c) EJ shift, 125 
hPa positive wind speed anomaly; d) Monsoon trough shift, negative MSLP anomaly 
over Nepal; e) upper-level PV anomaly, 300 hPa PV anomaly; f) Rising motion, 600 hPa 
negative vertical velocity anomaly. Red lines from (a) through (f) represent ±1 and ±2 
standard deviations. The list of the regions each of the variables is averaged over is in 
Table 3. 
 
Figure 4.8: Conceptual diagram of interaction of synoptic features during cloudburst. a) 
Role of Upper-level trough in monsoon trough shift and moisture convergence towards 
the Nepal Himalayas; b) Role of Easterly and Westerly Jet shifts for enhanced vertical 
motion over the Nepal Himalayas; c) Upper-level PV anomaly associated with 
tropopause fold intensifying surface low and moisture convergence over the Nepal 
Himalayas. 
 
Figure 5.1a: Mean meridional streamfunction (1011 Kg/s) at 5 longitudinal zones. Left 
panel: Climatology; Right panel: Cloudburst composite. Gray contour (blue shading): 
anticlockwise circulation, black contour (orange shading): clockwise circulation; Red 
contour: streamfunction 0; Green contour: northerly wind (m/s); Magenta: southerly wind 
(m/s); Purple with white mask: mountains 
 
Figure 5.1b: Northward transport of westerly momentum by mean meridional circulation 
at 5 longitudinal zones (Shading in m2 s-2: Blue is southward <-50 m2 s-2 and red is 
northward transport >50 m2 s-2t). Left panel: Climatology; Right panel: Cloudburst 
composite. Gray contour: anticlockwise streamfunction cell (1011 Kg/s), black contour: 
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clockwise streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green contour: 
Easterly and Westerly Jets (m/s). Purple with white mask: mountains 
 
Figure 5.1c: Northward transport of westerly momentum by transient eddies at 5 
longitudinal zones (Shading in m2 s-2: Blue is southward <-50 m2 s-2and red is northward 
transport >50 m2 s-2). Left panel: Climatology; Right panel: Cloudburst composite. Gray 
contour: anticlockwise streamfunction cell (1011 Kg/s), black contour: clockwise 
streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green contour: Easterly 
and Westerly Jets (m/s). Purple with white mask: mountains 
 
Figure 5.1d: Northward transport of westerly momentum by stationary eddies at 5 
longitudinal zones (Shading in m2 s-2: Blue is southward and red is northward transport). 
Left panel: Climatology; Right panel: Cloudburst composite. Gray contour: anticlockwise 
streamfunction cell (1011 Kg/s), black contour: clockwise streamfunction cell (1011 Kg/s), 
Red contour: 0 streamfunction; Green contour: Easterly and Westerly Jets (m/s). Purple 
with white mask: mountains 
 
Figure 5.1e: Divergence of momentum flux divergence by transient eddies (Shading ms-2: 
green is convergence and magenta is divergence). Left panel: climatology; Right panel: 
cloudburst composite. Gray contour: anticlockwise streamfunction cell (1011 Kg/s), black 
contour: clockwise streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green 
contour: Easterly and Westerly Jets (m/s). Purple with white mask: mountains 
 
Figure 5.2a: Zonal cross section of Montgomery streamfunction gradient (MTG) at 370K 
for climatology (Shading). Black contours: Westerly and Easterly Jets. Red Contour: 0 
MTG     
 
Figure 5.2b: Zonal cross section of climatological inertial terms [(ƒ+ς)𝑢] at 370K 
(Shading). Black contours: Westerly and Easterly Jets. Red Contour: 0 Inertial term. 
 
Figure 5.2c: Zonal cross section of climatology of force balance ratio (FB-ratio) at 370K 
(Shading). White contour: FB-ratio=1. Westerly and Easterly Jets 
 
Figure 5.2d: Climatology of meridional variation force balance ratio (FB-ratio) at 370K 
for mean 80:90E and mean 90:100E.  
 
Figure 5.2e: Zonal cross section of time evolution of force balance ratio at 370K for 
cloudburst composites (shading) from -6day to +6day. 0day is the cloudburst day. White 
contour: FB-ratio=1. Westerly and Easterly Jets 
 
Figure 5.2f: Meridional variation force balance ratio (FB-ratio) at 370K for cloudburst 
composites averaged for longitudes 80:90E and mean 90:100E. 
 
Figure 5.3a: Climatological pattern of α [(Q2-A2-B2-D2-2β*u)x0.5 ]in s-2 at 370K given 
by Eq. 5, Chapter 3. (α is equivalent to inertial frequency) 
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Figure 5.3b: Time evolution of α ([(Q2-A2-B2-D2-2β*u) x 0.5] in s-2 at 370K given by Eq. 
5, Chapter 3. α is equivalent to inertial frequency) at two-day interval from -6day to 
+4day for the cloudburst composite (shading). Green contours: Easterly and Westerly Jets 
(m/s) 
 
Figure 5.4a: Dynamic response of tropical heating (Jul-Aug) climatology. Green 
contours: OLR minima (190-200 w/m2) representing tropical heating; Purple contours: 
Montgomery Streamfunction high at 370K; Blue contours: monsoon trough (low 
pressure) at 850 hPa; Black contours: Easterly and Westerly Jets; Shading: PV in PVU; 
Yellow contour: 1.5 PVU; White contour: 2 PVU. 
 
Figure 5.4b: Jul-Aug Climatology of 500 hPa vertical velocity (Shading), 370K wind 
vectors and Montgomery Stream function high (Purple contours). Cyan contour 
maximum rising motion centers 
 
Figure 5.4c: Time evolution showing westward eddy shedding process of upper level 
high in response to tropical heating for the cloudburst composite from -7day to -2day.  
Green contours: negative OLR anomaly (-10 to -30w/m2) representing tropical heating; 
Purple contours: Montgomery Streamfunction high at 370K; Blue contours: monsoon 
trough (low pressure) at 850 hPa; Black contours: Easterly and Westerly Jets; Shading: 
PV in PVU; Yellow contour: 1.5 PVU; White contour: 2 PVU. Continuation to Figure 
5.4d. 
 
Figure 5.4d: Continuation of Figure 5.4c.Time evolution showing westward eddy 
shedding process of upper level high in response to tropical heating for the cloudburst 
composite from -1day to +4day. Green contours: negative OLR anomaly (-10 to -30 
w/m2) representing tropical heating; Purple contours: Montgomery Streamfunction high 
at 370K; Blue contours: monsoon trough (low pressure) at 850 hPa; Black contours: 
Easterly and Westerly Jets; Shading: PV in PVU; Yellow contour: 1.5 PVU; White 
contour: 2 PVU 
 
Figure 5.4e: Time evolution showing westward eddy shedding process of upper-level low 
PV (1.5 PVU) and wind vectors at 370K in response to tropical heating for the cloudburst 
composite from -7 day to +4day Shading: PV in PVU; Yellow contour: 1.5 PVU; White 
contour: 2 PVU; Purple contours: Montgomery Streamfunction high at 370K; Blue 
contours: monsoon trough (low pressure) at 850 hPa;  
 
Figure 5.5: Snapshot (0 day cloudburst composite) of westward eddy shedding process of 
upper-level low PV (1.5 PVU) at 370K in response to tropical heating. Shading: PV in 
PVU; Yellow contour: 1.5 PVU; White contour: 2 PVU; Purple contours: Montgomery 
Streamfunction high at 370K; Blue contours: monsoon trough (low pressure) at 850 hPa. 
Green contour: 3-day (-7d to -5d) mean negative OLR anomaly (-10 to -30w/m2); Cyan 
contour: 3-day (-4d to -2d) mean negative OLR anomaly (-10  to -30w/m2). 
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ABSTRACT 
 
“Cloudbursts” are the most intense rainstorms in the Himalayan Region during the 

monsoon season. This study is focused on two questions: 1) “What are the favorable 

synoptic features of the cloudbursts?’ and 2) “What triggers the favorable condition for 

the cloudbursts?” To address these two questions, this study investigated the synoptic 

conditions and possible upper-level tropical–extratropical interaction during the 

cloudbursts in the Nepal Himalayas using composite analysis of ERA-Interim data for ten 

cloudburst events in the central Nepal. 

 

Composite analysis suggested four significant synoptic conditions during the cloudbursts: 

1) an upper-level extra-tropical westerly trough over the northwest of the Nepal 

Himalayas, 2) a shift of the westerly and easterly jets towards the Himalayas, 3) an 

upper-level positive potential vorticity anomaly, associated with a steep tropopause fold 

around the westerly jet over the Himalayas north of the cloudburst region, and 4) at the 

surface, a northward shift of the monsoon trough towards the Nepal Himalayas and the 

extension of westerly surface wind flow directly from the Arabian Sea to the Himalayas 

in the “cloudburst” region. These conditions are accompanied by a strong rising motion, 

from the surface to 300 hPa over the southern slopes of the Nepal Himalayas, indicating 

deep convection in the cloudburst region.  

 

The	 study	 concludes	 that	 cloudburst	 events	 begin	when	 an	 anomalous	 convective	

event,	 external	 to	 the	monsoon,	 opens	 a	 breach	 in	 the	 inertial	wall	 that	 normally	

prevents	 the	 monsoon	 outflow	 from	 being	 directed	 across	 the	 Himalayas.		
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Composited	 analysis	 suggested	 that	 no	 single	 type	of	 anomalous	 event	 causes	 the	

breach,	 although	 evidence	 suggests	 that	 anomalous	 convective	 activity	 occurring	

north	 of	 the	 usual	 location	 of	 monsoon	 convection	 was	 often	 the	 cause.	 The	

resulting	 convective	 heating	 anomaly	 seems	 to	 initiate	 an	 eddy-shedding	 process	

aloft	in	the	outflow	layer	of	that	convection.	This	in	turn	is	shown	to	be	associated	

with	the	weakening	of	the	inertial	wall	north	of	the	Nepal	Himalayas,	upsetting	the	

inertial	force	balance	in	the	upper	atmosphere	that	typically	traps	potential	energy	

built	 up	 by	 the	monsoon	outflow	 in	 the	 tropics	 that	would	 typically	 flow	 into	 the	

upper-level	easterly	jet.	This	resulting	breach	in	the	inertial	wall	north	of	the	normal	

monsoon	 activity	 enables	 the	 poleward	 pressure	 gradient	 force	 in	 the	 upper	

troposphere	 over	 India	 to	 push	 the	 upper	 tropospheric	 monsoon	 outflow	 dome		

poleward	 leading	 to	 an	 associated	 diversion	 of	 the	 low	 level	 monsoon	 flow	

poleward	 across	 the	 Himalayas	 resulting	 in	 a	 cloudburst	 as	 the	moist	monsoonal	

plume	is	forced	over	the	high	terrain. 
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Chapter 1 

Introduction: Cloudbursts Overview and Issues  

1.1 Limited Meteorological Understanding 

Cloudbursts are the most catastrophic extreme weather events affecting the southern 

slopes of the Himalayas (Nepal, India and Pakistan) during the Indian monsoon season. 

These events are localized intense orographic-convective rainfall episodes triggering 

devastating flashfloods, landslides and debris-flows in the steep terrains of the Himalayas 

(Das et al. 2006; ISET-N and ISET 2009) A cloudburst on July 19-20, 1993 in the central 

Nepal was the most catastrophic cloudburst event in recorded history. This event dropped 

540mm/day with maximum intensity of 65mm/hr (ISET-N and ISET 2009). This total 

daily rainfall was almost half of the total for the monsoon season and approximately 

5400% of the mean daily active monsoon rainfall in this location in Nepal (~10 mm/day 

estimated from Figure 11a in Shrestha et al. 2012). This single event claimed about 1300 

lives and left a devastating economic impact in central Nepal (Dhital et al. 1993) . 

Recently, another major cloudburst on August 5-6, 2010 in the West Indian Himalayas 

claimed 255 lives (Thayyen et al. 2013).  

 

Typically, these events tend to but not always occur during the monsoon break phase in 

India, suggesting a critical shift of the usual monsoon flow pattern that gives rise to the 

cloudburst events.  For example, the cloudburst of July 1993 was accompanied by the 

monsoon break in India (as defined by Rajeevan et al. 2010). Monsoon breaks in India 

are usually associated with the active monsoon phase in the Himalayas (Rajeevan et al. 

2010; Shrestha et al. 2012). However, as a Meteorologist in Nepal, I noticed that although 

monsoon breaks in India and active monsoon in the Himalayas occur almost every year, 



	 2	

cloudbursts do not. This suggests a different monsoon dynamics of the cloudbursts in the 

Himalayas than monsoon breaks in India and active monsoon phase in the Himalayas.  

 

Understanding this anomalies monsoon dynamics that lead to the formation of 

cloudbursts is a pre-requisite to improving their prediction and reducing the human loss 

in the region. Despite their catastrophic impact on the human lives and the socio-

economy in the Himalayan countries, only little attention is given to the meteorological 

study of the “cloudbursts” while the focus of the study was limited to the damage and 

flood assessment. 

 

The limitation in understanding cloudbursts phenomena is of two fold. First is the lack of 

availability of meteorological in situ data on the cloudbursts in the Himalayas. Because of 

the sparse station network for rainfall intensity and other meteorological variables (e.g. 

upper air), not enough in situ data are available on the cloudburst events in the 

Himalayas. This limits the study of the cloudburst phenomena. 

 

Secondly, there is only limited number of studies on meteorological aspects of the 

cloudbursts in the Himalayas. Two recent studies discussed mechanisms for the 

intensification of convection during “cloudbursts” in the Indian Himalayas. Das et al. 

(2006) showed that the merging of two convective systems over terrain with favorable 

meridional wind shear was responsible for the intensification of the convection during the 

“cloudburst” of July 2003 in Shillagarh Village in the northwest Himalayas in India. 

Rasmussen and Houze (2012) concluded that the heavy rainfall episode in Leh Village in 

the western Indian Himalayas, which the Indian Meteorological Department identified as 

a “cloudburst,” was associated with upstream regeneration of convection and the 
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westward propagation of the MCS towards Leh Village via a mid level easterly jet and a 

continuous low-level moisture source. Both these studies showed the important roles of 

the upper-level flow and the low-level moisture convergence over mountains for the 

intensification and the upstream regeneration of convection during the “cloudbursts.” 

However, these studies did not discuss how the atmospheric conditions during 

“cloudbursts” differ from and fit into normal monsoonal flow.   

 

While catastrophic flash floods around the world are triggered by very heavy rainfall 

from convective systems, the meteorological phenomena behind these convective systems 

can differ (Maddox et al. 1978). The causative and organizing features of intense 

convection causing flash floods may range from quasi-stationary convective systems, to 

the effects of terrain to tropical-extratropical interaction along a deep tropopause fold or 

in the equatorward jet entrance region in the westerly waves (Maddox et al. 1978; 

Doswell, C. A., III 1985; Galarneau et al. 2010; Bosart et al. 2012; Moore et al. 2013). In 

the case of the “cloudbursts” over the Nepal Himalayas, the basic synoptic conditions are 

still not well understood and have not been documented in the peer-reviewed literature. 

Therefore, the main goal of this study is to understand the synoptic conditions and 

contributing dynamics of the cloudburst mechanism in the Nepal Himalayas. 

 

1.2 Scientific Issues and Research Questions  

a. What are the Favorable Synoptic Conditions for Cloudbursts? 

Dhital et al. (1993) reported that the cloudburst events are accompanied by the thunder 

and lighting activities. Personal communication with local people in the cloudburst hit 

regions of Nepal confirmed that the rainfall events during the cloudbursts were 

accompanied by the strong thunder and lightning. This clearly suggests that these events 
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are associated with the deep convective systems. However, previous studies and 

documentation suggested have suggested that deep convective systems are not common 

in the Nepal Himalayas during the monsoon season ( Houze et al. 2007; Rasmussen and 

Houze 2012; Shrestha et al. 2012). 

 

In the Nepal Himalayas, most rainfall systems are associated with orographic lift.  They 

can be subdivided into   convective types associated with low-level instability in the pre-

monsoon season (Mar-May) and stratiform types associated with the orographic uplift of 

moist stable southerly flow during monsoon season (Shrestha et al. 2012). The dominance 

of low echo-top heights during the monsoon season compared with the dominance of 

high echo-top heights during pre-monsoon season in Figure 1.1a is the evidence of 

stratiform rain events compared to the convective rain events in the monsoon season 

(Figure 1.1b). Similarly, the difference between occurrences of stratiform and convective 

rainfall events showed dominance of stratiform rain events compared to the convective 

rain events (Figure 1.2). Moreover, Houze et al. (2007) suggested that stratiform rain 

systems tend to be more frequent overall compared with convective rain systems in the 

foothills of the central Himalayas (Figure 1.3). 
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Figure 1.1: Vertical structure of rainfall (mm/h) at 84.5E for (a) Pre-monsoon (Mar-May). 
(b) Monsoon (Jun-Aug). Dashed rectangle indicates southern slopes of the Himalayas. 
Gray line represents north-south Himalayan topography. (All the panels are from 
Shrestha et al. 2012) 
 
 

Figure 1.2: Horizontal 
distribution of rainfall types 
during JJA: Difference between 
the occurrence of stratiform 
and convective rainfall events. 
The area enclosed by black 
oval represents the Central 
Himalayan Region (Nepal). 
(Figure from Shrestha et al. 
2012) 
 

 

 

 

 

 

 

 

 

 

The dominance of stratiform and persistent rain system during the monsoon season in the 

 Ocean 

 Low land (0-300m) 

 Foothills (300-3000m) 

 Mountain>3000m 

Figure1.3: Spatial distribution of convection during monsoon. a) Deep. b) Stratiform. 
(Both panels are from Houze et al. 2007)  

a) b) 
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Nepal Himalayas was attributed to the atmospheric stability (Shrestha et al. 2012). 

Authors found that average atmospheric instability [difference of equivalent potential 

temperature in the layer (θe925 - θe600) between 600 and 925 hPa] is smaller during the 

monsoon season (14-18K) than during the pre-monsoon rain events (~18-28K). They 

suggested that precipitation systems in the pre-monsoon season are mostly triggered by 

strong atmospheric instability, while persistent rainfall in the summer monsoon season 

are due the mechanical uplift of stable and sufficiently moist low-level southeasterly 

flow. 

 

Not only during the normal monsoon conditions, as mentioned above, but also during 

extreme monsoon weather events, heavy rainfall episodes in the Nepal Himalayas are 

attributed commonly to the broad stratiform type convective systems and sometimes to 

the wide intense convective systems (with convective cores of 40 dBZ extending over 

>1000 km2 below 4.5 km) (Romatschke et al. 2010). The broad stratiform type 

convective rain systems are associated with the low-pressure systems and monsoon 

depressions over the Bay of Bengal that move towards land. They feature an 

orographically uplifted flow in the surrounding mountains, producing maritime character 

convective systems (Houze et al. 2007). The wide convective cores rain events are 

associated with the convergence of moist southerly flow with the downslope flow during 

the night driven by radiative cooling of the elevated terrain Romatschke et al. (2010). 

Romatschke et al. (2010) attributed the absence of deep intense convective systems (40 

dBZ echos reaching an altitude of higher than 10 km) in the Nepal Himalayas to the 

unfavorable upper-level conditions, i.e. lack of upper-level dry cap to boost low-level 

instability. This reasoning on instability is consistent with the findings of Shrestha et al 

(2012) on the low atmospheric instability during monsoon season in the Nepal 
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Himalayas.  

 

These studies suggest that the deep intense convection as defined in Houze et al (2007), 

are environmentally less favorable and less common in the Nepal Himalayas. This raises 

the first research question: What kind of synoptic features and their interaction with the 

topography favor the localized flash-flood-generating deep convective systems, the 

“cloudbursts” in the Nepal Himalayas? 

 

b) What is Mechanism Triggers Favorable Conditions for the Cloudbursts?   

A number of studies indicated extreme weather events in the tropics can be triggered due 

to the tropical-extratropical interaction [e. g. Riehl (1977); Kiladis and Weickmann 

(1992a); Knippertz (2007); Ding and Wang (2007) ; Hong et al (2011)] . These studies 

showed that the intrusion of eastward moving upper-level troughs originating in the 

extratropics could trigger deep convection in the tropics. It is noteworthy that 

“cloudbursts” occur over the foothills of the Himalayas (the northernmost edge of the 

South Asian monsoon) between the mid-latitude upper-level westerly jet to the north and 

monsoonal synoptic features (like tropical upper-level easterly jet and monsoon trough) 

to the south. As noted by Houze et al (2007), the presence of upper-level westerlies 

leading to the deep convective storms in the western Himalayas, there is the possibility of 

southward migration of westerlies in the central Himalayas (Nepal) as well. Therefore, 

this possibility raises following two questions: 

i) Are the cloudbursts in the Nepal Himalayas associated with the tropical-

extratropical interaction?  

ii) If so, what mechanism triggers tropical-extratropical interaction that favors the 

cloudbursts?  
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1.3 Hypothesis of the Study  

To address above-mentioned research questions in understanding the cloudburst synoptic 

characteristics and its mechanism, this study proposes following three hypotheses: 

 

1. Synoptic conditions during the cloudbursts are significantly different from the normal 

monsoon climatology.   

2. Anomalous tropical-extratropical interaction takes place during the cloudbursts events 

compared to the normal monsoon climatology. 

3. Anomalous monsoonal heating is associated with a series of synoptic events that favors 

the interaction between monsoon flow and the extratropics and trigger cloudburst activity 

along the southern slopes of the Nepal Himalayas. 

 

1.4 Objective of the Study 

This study has following objectives to address the research gap on the cloudbursts in the 

Nepal Himalayas: 

Objective 1:  To identify cloudburst events using rainfall data. 

Objective  2: To identify the significant synoptic features of the cloudburst events.  

Objective 3: To analyze anomalous tropical-extratropical interaction during the 

cloudbursts. 

Objective 4: To identify a possible mechanism that could trigger a series of synoptic 

events that favors tropical-extratropical interaction during the cloudburst events. 

 

1.5 Road Map 

This dissertation is divided into two Parts: 
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Part I covers two chapters, Chapter 1 and Chapter 2, that basically presents background of 

this research. In Chapter 2 literature review on the meteorological characteristics on 

cloudbursts in the Himalayas and on the theories used to explain tropical-extratropical 

interaction were discussed.  

 

Part II consists four Chapters, Chapter 3 to Chapter 6 that presents research methods, 

research results and conclusions. . Chapter 3 discusses methodology and data used for 

this research. Chapter 4 presents the results and discussion on significant synoptic 

characteristics of the cloudbursts to meet objective 3. It also presents the time conceptual 

model on cloudburst mechanism. Chapter 5 presents two aspects. First it presents results 

that suggest the anomalous tropical-extratropical interaction to fulfill the objective 3. 

Second, it discusses results to show anomalous tropical heating triggers the mechanism 

that favors tropical-extratropical interaction that leads to the cloudbursts to fulfill the 

objective 4. Finally Chapter 6 presents research findings and limitations of this research 

and potential future research.  
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Chapter 2 

Review: Extreme Events in the Himalayas, Synoptic Features of 

Extreme Events, and Theories of Tropical-Extratropical Interaction 

This section consists of the literature review of cloudbursts in the Himalayas and other 

extreme rainfall systems in the Himalayas during monsoon. The purpose of this review is 

to layout available information on the atmospheric characteristics of extreme events 

during the monsoon season in the Himalayas and on the mechanisms responsible for the 

extreme rainfall events around the globe. Second, it discusses possible theories and 

methods used to understand tropical-extratropical interaction.   

 

2.1 Meteorological Features of Extreme Monsoon Rainfall Events in the Himalayas  

2.1.1 Cloudburst Characteristics in the Himalayas 

A limited amount of literature is available on the meteorological analysis of the 

cloudburst in the Indian Himalayas.  Das et al. (2006) simulated cloudburst in the 

Shillagarh Village the northwest India using MM5 model. They focused on impact of 

horizontal resolution and cloud microphysics in simulating cloudbursts. They found that 

while the model at 30km grid resolution was able to forecast cloudburst rainfall in 

advance of 24 hour, the location of the storm was off by tens of km and ahead of time. 

With the increase in resolution the model overestimated rainfall but improved timing and 

provided detail thermodynamic structure of the cloudburst. The authors proposed a 

conceptual model (Figure 2.1a) of this cloudburst mechanism in the Shillagarh Village 

using their thermodynamic results from MM5. This model highlights that how the upper-

level flow help in the merger of the convective cells in the presence lower-level moisture 

surge leading to the cloudbursts in the region. While this study presented a potential 

application of the numerical models in predicting cloudbursts, it also highlights the 
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limitation of TRMM data and necessity of dense network in situ data in understanding 

cloudburst in the region.   

 

 
Figure 2.1: Conceptual diagram of cloudburst mechanism in northwest India. a) Stage-1: 
06:30 LST Separate cells. b) Stage-2: 08:30 LST Merger cells and downpour. c) Stage-3: 
12:30 LST Dissipation. All the panels are from Das et al. (2006). 
 

Second study was by Rasmussen and Houze (2012) that showed the role of the mid-

tropospheric easterly jet from the Tibet in the organization of convections that lead to 

heavy rainfall episodes in the Leh Village of Western Himalayas in India. They provided 

a conceptual model demonstrating the meteorological dynamics leading to the heavy 

rainfall episodes in Leh Village (Figure 2.2). This easterly jet helped the convections to 

organize and propagate west from the Tibet to the Leh village. No such study, especially 

in the upper-level conditions, is available for the Nepal Himalayas. 
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Figure 2.2: Conceptual model demonstrating key meteorological element that led to 
cloudbursts in northwest India. Figure from Rasmussen and Houze (2012) 

 

Detailed meteorologFigureical study of the cloudbursts in the Nepal Himalayas is also 

scarce, and studies of upper air synoptic conditions are simply not available. Daily 

rainfall data is the only in situ information available for most of the cloudbursts in the 

Nepal Himalayas. The July 19-20, 1993 cloudburst in the central Nepal is the only 

cloudburst event that was studied widely from meteorological perspective, though limited 

to surface data. This event provided a unique situation for researchers to understand 

cloudburst in Nepal not only due to the catastrophic nature of damage, but also because it 

occurred in a region that was equipped with a number of automatic agro-meteorological 

stations. According to the post disaster field report (Dhital et al. 1993), high intensity 

rainfall with thunderstorms started at around 2pm (LST) on July 19 and continued till 

7pm over Daman, the southwest mountain peaks of Kulekhani watershed, Nepal. No 

automatic data was available at Daman. Unprecedented high intensity rainfall with 

thunderstorms and lightning occurred again at about 10pm (LST) in this watershed, 

causing huge landslides and debris flow and the continued throughout the night. Figure 

2.3 shows hourly rainfall recorded at Tistung, southern slope of northwestern peak of 
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Kulekhani watershed. This is the station that recorded highest rainfall intensity and daily 

accumulation during the event. In this location rainfall started at around noon of 19 July, 

with rainfall intensity increasing (50 mm/hr at 5pm) and reached maximum intensity 

(65mm/hr) at around midnight. The total daily maximum rainfall recorded was 20 July 

(9am 20 July) at this station and was 540mm. Similar rainfall pattern was recorded in 

valley floor of this watershed (Dhital et al. 1993). This report also studied evolution of 

surface pressure during the event. Figure 2.4a-e shows the MSLP evolution from Jul 18-

22, 1993.  The surface map of July 19 was missing. The low pressure deepened to 996mb 

on 0060Z -1800Z, 20 Jul over Nepal.  Since maximum rainfall was on Jul 19, the sea 

level pressure must be lower than 996mb during height of the storm. These figures clearly 

depict the shift of monsoon trough towards Nepal between 18 and 22 July. The report 

solely attributed 1993 cloudburst event to the northward shift of monsoon trough.  

 

 

Figure 2.3: Hourly rainfall in Kulekhani Watershed, Central Nepal, 19-20 July 1993. 
Data from Shrestha (1998). 
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Fig 8: Hourly Rainfall in Kulekhani,Central Nepal, 19-20 July 1993 
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Figure 2.4: Mean Sea 
Level Pressure 
distributtion July 1993. a) 
18z, 18 Jul; b) 06z, 20 Jul; 
c) 18z, 20Jul; d) 06z, 21 
Jul; e) 18z, 22 Jul. All the 
panels are from Dhital et 
al (1993). 
 

 

 

2.1.2 Other Extremes Rainfall Events in Nepal  

a. Active monsoon in the Himalayas and its association with monsoon break in 

India 

Active monsoon are the most common extreme rainfall events in the Himalayas that 

occur every year during the monsoon season. The South Asian monsoon has intra-

seasonal variability of active periods and break periods that are associated with the 

latitudinal oscillations of the monsoon trough in the Gangetic plain of India (Ramaswamy 

1962). Active monsoon in the Himalayas are associated to the northward shift of the 

monsoon trough over the foothills of the Himalayas and monsoon break in central India 

(Ramaswamy 1962; Rajeevan et al 2010). Though there is a long history on the study of 

monsoon break in India and active monsoon in the Himalayas occurs simultaneously with 

(a) (b) (c) 

(d) (e) 
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monsoon break in the Himalayas, the past studies mainly focused on the atmospheric 

conditions in the central India and very little is available that are focused on the 

Himalayas. This section first discusses the past literature on active monsoon in Nepal and 

then it presents available information on synoptic aspects of monsoon break in India. 

 

Few studies have conducted on the rainfall and synoptic characteristics of active monsoon 

(active phase) of monsoon in Nepal (Singh and Nakamura 2010; Shrestha et al 2012). 

These two studies defined active monsoon (active phase) as the period when daily rainfall 

is greater than 0.5 times the July-August standard deviation in the foothills of the Nepal 

Himalayas for at least 3 consecutive days. By definition active monsoon are widespread 

and persistent rain event while cloudbursts are localized high intensity rain events and 

thus provide some insight on the difference between two events. 

 

Singh and Nakamura (2010) used TRMM TRMM/3B42 and TRMM/PR data to study 

active monsoon in Nepal Himalayas. They found that during wet period average daily 

rainfall is about 3.64mm/day and mean rain intensity is more than 0.3 mm/h. They also 

suggested that stratiform rain events are more frequently during wet periods than during 

dry periods, while the opposite was true for convective rain events. Shrestha et al (2012) 

used the 11-year (1998–2008) high-spatial resolution TRMM PR 2A25 near-surface 

rainfall data to study rainfall characteristics in relation with elevation during active spells 

in the Nepal Himalayas. They found that during the wet period the daily rainfall reached 

24 mm/day over the sub Himalayan region (500–1,200 m AMSL), which is significantly 

higher than the mean monsoon daily rainfall (13 mm/day) whereas over lesser Himalayan 

region (1,200–3,000 m AMSL) mean daily rainfall is about same as the mean monsoon 

daily rainfall. This shows that by the amount of daily rainfall during active monsoon are 
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much lower than the cloudburst events 

 

Figure 2.5 shows the echo-top height of rain events during active monsoon and monsoon 

climatology from Shrestha et al (2012). The echo-top height of intense rain events was 

similar to that of monsoon climatology. The authors attributed active monsoon to the 

abundant and above normal moisture supply in the lower atmosphere favoring easy 

trigging of convection when the moist flow encounters mountains ranges. The authors 

suggested that dynamical mechanism of rain events during the active monsoon and 

normal monsoon is same; in the sense of upliftment of moist layer by mountain but the 

availability of the amount moisture supply in the lower troposphere is higher during the 

active monsoon. The abundant moisture convergence during active monsoon is associated 

with the monsoon trough shift to the foothills of the Himalayas.  

Figure 2.5: Echo top height of rain events.  (a) Active monsoon during composite in 
Nepal; b) Jun-Aug climatology. Both panels are from Shrestha et al (2012) 
 

 
 
 
 
 
 
 
 
 
 

(b)	(a)	
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The above studies on active monsoon in Nepal did not cover the upper-level conditions 

during the active monsoon. Active monsoon over the Himalayas also coincide with 

monsoon breaks in India (Rajeevan et al. 2010; Ramaswamy 1962). This association 

helps to draw some insight on upper-level condition during active monsoon from the 

studies on monsoon break in India. Main synoptic features during monsoon breaks found 

by previous studies (Ramaswamy 1962; Ramamurthy 1969; Krishnamurti and Bhalme 

1976) are: northward shift of monsoon trough towards the foothills of the Himalayas, 

surface westerly flow from the Arabian Sea to the foothills of Himalayas,  shifts of 

westerly and easterly upper-level jets closer and intrusion of upper-level (500-200hpa) 

extratropical wave towards Himalayas at around 65E. First two features are also 

discussed Shrestha et al (2012) as a synoptic changes during the active monsoon in 

Nepal. While there are no studies done on the extratropical wave during active monsoon 

in Nepal, the presence of upper-level trough over the Himalayas during monsoon break in 

India suggests the possibility of influence of upper-level wave during the active monsoon 

in Nepal. This suggests a possibility of tropical-extratropical interaction in the Nepal 

Himalayas. 

 

b. Monsoon Depressions 

Northwestward/northward moving monsoon depression from the Bay of Bengal is 

another extreme rainfall system in the Nepal Himalayas. A monsoon depression is a low 

pressure system in the Bay of Bengal with surface winds in cyclonic circulation with 

speeds between 32-59 km/h. Its pressure gradient extends from the center out to a radius 

of about 250 km ranges between 5 to 13 hPa (Sikka 1977). These depressions mostly 

travel to the northwest along the monsoon trough over the Indian subcontinent (Mooley 
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1973; Sikka 1977). From its formation in the Bay of Bengal to on its northwestward 

track, the easterly flow of this system converges in the mountain slopes of the Nepal 

Himalayas and produces heavy rainfall with the broad stratiform system (Romatschke et 

al 2010; Houze et al 2007).  

 

In summary, the past studies showed that the rainfall pattern during cloudbursts is 

different from those that normally occur during the monsoon season in the Himalayas. 

Previous also suggested that there are some similarities between surface conditions 

during the cloudburst event and active monsoon, especially the northward shift of 

monsoon trough.  

 

2.2 Synoptic Signatures of Extreme Rainfall Events  

While catastrophic heavy rainfall events around the world are triggered by the convective 

systems, the meteorological phenomena behind these convective systems can differ 

(Maddox, et al 1978). The causative and organizing features of intense convection 

causing heavy rainfall and flash floods have been attributed to a wide variety of 

influences including quasi-stationary convective systems, training of convection, the 

effects of terrain and, tropical-extratropical interaction (Maddox et al. 1978; Miller 1978; 

Doswell, C. A. III 1985; Galarneau et al. 2010; Bosart et al. 2012; Moore et al. 2012; 

Peters and Roebber 2014). The following few subsections discuss various synoptic 

mechanisms leading extreme rainfall events. 

 

2.2.1 Quasi-stationary Upper-level System 

Lin et al. (2001) pointed out that one of the main ingredients for catastrophic rainfall 

events in US, Europe and East Asia was the existence of a quasi-stationary convective 
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system. Maddox et al. (1978) and Doswell (1985) found that Big Thompson flood 1976 

was due to the quasi-stationary convective system. These events were triggered by a 

quasi-stationary negatively tilted upper-level ridge west of the flooding region for 3-4 

hours, which allowed regeneration of cells in the southeast flank and moved in the near 

stationary system. The storm complex developed when conditionally unstable air masses 

pushed upslope in the higher terrain. Lower pressure west of the storm areas enhanced the 

easterly upslope flow. Studies showed that upper-level near quasi-stationary ridge 

prevented the storm from moving northward/eastward and helped regeneration of the 

cells causing catastrophic events. Similar synoptic conditions were also noted during the 

devastating Rapid City, South Dakota, flood along the eastern slopes of the Black Hills in 

1972, during the flood event in Fort Collins, Colorado, in 1997, and during the flash flood 

event of Madison County, Virginia, in 1995 (Pontrelli et al. 1999). Similarly, Valero et al 

(1997) attributed heavy rainfall event in southeastern Iberia, Spain in 1993 to the slow 

moving surface front and upper-level blocking high and Miller (1978) attributed heavy 

rainfall in London area in August 1975 to the quasi-stationary cumulonimbus system and 

local orography. 

 

2.2.2 Upper-Level Positive PV Anomaly 

A number of studies have associated the severe precipitation events, commonly in the 

mid-latitudes, with tropopause fold and upper troposphere potential vorticity (PV) 

anomaly. Massacand et al. (1998) and Fierli et al. (2003) have shown a linkage between 

upper-level PV anomaly associated with deep tropopause fold over the mountain ridge 

and the heavy rainfall events in the European Alps and in Algeria respectively.  When a 

positive PV anomaly associated to deep tropopause fold occurs over mountains, it 
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couples with the elevated topography and produces strong Sawyer-Eliassen circulation 

around the jet over the mountain slope.  

 

A positive PV anomaly associated with a deep tropopause fold over high mountains 

seems to be able to couple with the elevated topography and establish the favorable 

coherent environment for surface low deepening (Arreola, et al. 2003). Massacand et al. 

(1998) suggested that the north-south oriented upper-level positive PV anomaly streamer, 

during heavy precipitation over the European Alps, produced favorable conditions by 

reducing static stability beneath the anomaly, setting up rising motion in the forward 

flank (southward) of the anomaly, and enhancing a moist southerly flow component 

towards the mountains (Figure 2.6; Figure 2.7). The elevated topography may play a 

critical role in producing a “wall effect” which leads to the surface convergence region 

associated with moist low-level air flow over the mountain slope (Homar, et al. 2002) and 

same wall as can be seen in Figure 2.7.  
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Figure 2.6: “Vaison-la-Romaine”, France heavy rainfall event synoptic situation at 
00UTC 22Sep 1992. (a) Tropopause (2-PVU isosurface) from above; (b) from below; 
(c) Distribution of 500-150 hPa layer mean potential vorticity (shaded in PVU) and 
wind in vectors at 200 hPa; (d) 3-PVU isoline of 500-150 hPa layer mean potential 
vorticity (thick dash-dot pattern) superimposed upon 700 hPa wind (vectors), 
geopotential heights (thin solid line, 30m spacing) and ascent (shaded, in Pa/s). Alpine 
region outlined as a thick solid line. All the panels are from Massacand et al. (1998) 
with improved labeling. 
 

Figure 2.7: 72-hour backward trajectories viewed from the south in 3 dimensions. 
Integration starts south of the Alps (mid-picture range) at t=0 i.e. 12UTC Sep 22, 1992 
for Vaison-la-Romaine (pink tracks), 00UTC Sep 24, 1993 for Brig (red), 00UTC Nov 
06, 1994 for Piedmont (yellow), and 18UTC Sep 13 1995 for South Ticino (white). T~ -
18 hours is marked in blue. Figure from Massacand et al. (1998). 
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Moreover, recent studies have shown important role of the upper-level PV anomaly on 

extreme events in the South Asian subtropics. Hong et al. (2011) and Martius et al. (2012) 

attributed the forced orographic lifting of moist layer from the Arabian Sea to the upper-

level positive PV anomaly during the July 2010 Pakistan flooding. Above studies 

highlighted role of upper-level positive PV anomaly as an agent that intensifies/triggers 

the surface low pressure forcing not only in the mid-latitudes but also in the South Asian 

monsoon region. 

 

2.3 Tropical-Extratropical Interaction Aspects of Extreme Rainfall Events 

A number of studies showed that tropical-extratropical interactions can leads to the 

extreme convective weather systems in the tropics and extratropics (e.g., Sardeshmukh 

and Hoskins 1988; Kiladis and Weickmann 1992a; Kiladis and Weickmann 1992b; Ding 

and Wang 2007; Knippertz 2007, Hong et al. 2011). Extreme rainfall events, named as 

Predesesor Rainfall Events (PREs), in the United states are one of the examples of 

tropical-extrapical interaction. These rain events occur due to the interaction of upper-

level westerly jet and low level moisture source from the tropical cyclones in the south 

(Galarneau et al. 2010; Bosart et al. 2012; Moore et al. 2012). Rappin et al. (2011) 

showed that presence of upper-level westerly jet north of the tropical cyclone leads to 

more rapid intensification and maximum potential intensity. Similalarly, Chang et al. 

(1998) discussed Heavy rainfall events in the Mei-yu fronts in May and June over eastern 

China was due the tropical-extratropical interaction. Riehl (1977) showed that interaction 

between deep mid-latitude upper trough with the pre-existing tropical disturbance can 

lead to the heavy precipitation in Venezula.  
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While above studies provide evidence of tropical-extratropical interaction from 

diagnostic perspectives, the analysis of heat and momentum exchange between tropics 

and extratropics provides physical perspectives in this interaction.  For example, Riehl 

(1977) discussed transport of heat, mass and momentum from tropics to extratropics 

during deep trough intrusion to the tropics. Few authors used trajectory analysis and the 

strength of the local Hadley circulations to show the tropical-extratropical interactions 

(e.g. Knippertz 2007). 

 

This section is divided into two sub-sections. First, it presents a review of theories that 

highlights force imbalances in the upper-level that leads to the stronger tropical-

extratropical interaction. Most previous studies on the tropical-extratropical interaction 

pointed out the role of deep extratropical trough triggering convection in the tropics (e. g. 

Riehl 1977; Kiladis and Weickmann, 1992a; Ding and Wang, 2007; Knippertz, 2007, 

Hong et al., 2011). These studies used quasi-geostrophic theory to explain the upper-level 

deep trough coupling with the tropical surface system in lower troposphere. While deep 

troughs of the Rossby wave train play important role in intensifying low-level forcing, a 

number studies have highlighted the importance of upper-level anticyclone and 

anticyclonic shear of jet streak on extreme events (Mecikalski and Tripoli 2003; 

Galarneau et al. 2010; Rappin et al. 2011; Bosart et al. 2012; Moore et al. 2013). The 

authors’ explanation of importance of upper-level anticyclone and anticyclonic shear 

(horizontal wind shear that contributes the anticyclonic vorticity, mainly on the 

equatorward side of the westerly jet where wind speed increases poleward) might provide 

important insight on the weak inertial stability and the enhanced tropical-extratropical 

interaction associated with extreme events. Weak inertial stability indicates weakening of 

balance between pressure and inertial forces. The first section highlights the principle of 
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force balance dynamics in the outflow level of the convective systems in the presence of 

upper-level ridge/jet streak and how this dynamics is related to the enhancement of 

tropical-extratropical interaction.  

 

Tropical heating has not only been established as the forcing that generates Rossby waves 

in the equator (Matsuno 1966; Gill 1980; Lau and Lim 1982) but also been considered as 

the influencing factor in the mid-latitude wave train dynamics(Hoskins and Jin 1991; Jin 

and Hoskins 1995; Kiladis and Weickmann 1992b). The second part reviews the theories 

that explain the mechanism that triggers the tropical-extratropical interaction during 

extreme events. In other words, it discusses the mechanism that explains how the tropical 

heating triggers mid-latitude waves and might generates force imbalances in the upper-

levels. 

 

2.3.1 Upper-Level Upper Force Imbalance Theory in Tropical-Extratropical 

Interaction 

The constraint on upper-level tropical-extratropical interaction is the apparent inertial 

force that acts against the poleward directed pressure gradient force that suppresses 

meridional acceleration (Held and Hou 1980; Schneider 1977). The authors defined this 

constraint as a angular momentum conserving circulation, which in turn leads to the 

inertial stability. Locally, the level of this constraint is often quantified as the inertial 

stability that depends not only on the Corilolis parameter, but on the vortical and 

deformational structure of the flow.  Any mechanism that erodes this stability can make 

the formation of a meridionally directed force imbalance more probable and so enhance 

the likelihood of tropical-extratropical interaction. This section highlights the upper-level 
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force imbalance as a mechanism that relates the extreme weather and tropical-

extratropical interaction.  

 

A number of studies showed important role of upper-level inertial instability in the 

intensification of storms in the tropics and extratropics (Melowsky and Tripoli 2003; 

Galarneau et al. 2010; Rappin et al. 2011; Bosart et al. 2012; Moore et al. 2013). 

Galarneau et al. (2010), Bosart et al. (2012) and Moore et al. (2013) studied the role of 

upper-level jet in the production of weak inertial stability or even inertial instability in 

causing extreme rainfall events named as Predesesor Rainfall Events (PREs) in the 

United states. PESs are heavy rainfall events occurring ahead of tropical cyclones. PRE’s 

occur in association with poleward advection of a deep moist layer established by the 

tropical cyclones in the Gulf of Mexico/Atlantic Ocean off the coast of Florida, and in the 

presence of a surface lifting mechanism, such as fronts, convergence or orographic 

regions. Moore et al. (2013) have described three types of PREs that can achieve weak 

inertial stability or inertial instability in the upper-level depending on the position of the 

jet reltive to the ridge (Figure 2.8 a-c). The SJ type PREs occur near an equatorward jet 

entrance region (Moore et al. 2013). Although these studies only provide diagnostic 

approach to relate inertial stability with extreme events, it can be implied that the 

combination of jet and ridge created the imbalance in the normal geostrophic/gradient 

wind balance between pressure gradient and inertial forces.  
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Figure 2.8: Conceptual model of 
the key synoptic-scale features and 
processes for three categories PREs 
(a) Jet in ridge (JR); (b) 
Southwesterly jet (SJ); (c) 
Downstream confluence (DC). The 
gray contours denote the 200-hPa 
geopotential height, with the thick 
dashed black line marking the 
primary trough axis. The gray 
shaded regions represent 200-hPa 
wind speed [m/s; gray shade bar in 
(a)] and the ‘‘J’’ marks the 200-hPa 
wind speed maximum. The thin red 
and blue arrows represent 925-hPa 
streamlines associated with regions 
of warm and cold advection, 
respectively. The position of the 
surface front is shown in standard 
frontal notation, and the positions 
of the sea level pressure maxima 
and minima are marked by the 
‘‘H’’ and the ‘‘L’’ symbols, 
respectively. The light green 
shading indicates the region with 
PW values >45 mm. The thick blue 
arrow represents a corridor of moist 
low-level flow. The dark green, 
gold, and orange shaded regions 
represent radar reflectivity 
thresholds of 20, 35, and 50 dBZ, 
respectively, associated with the 
PRE. The TC location is indicated 
by the tropical storm symbol. All 
panels are from Moore et al. 
(2013). 
 

 

 

Rappin et al. (2011) showed the impacts of the upper-level weak inertial instability on the 

tropical cyclone intensification and peak strength. Their main argument was that weak 
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inertial stability in the outflow layer of the tropical cyclone minimizes an energy sink of 

its secondary circulation and leads to more rapid intensification and maximum potential 

intensity. They proved their argument by adding an upper-level jet streak north of the 

cyclone vortex. They argued that the anticyclonic shear side of the jet stream weakens the 

inertial stability and as tropical cyclone outflow expands to the equatorward side of the jet 

stream, the energy expenditure of forced subsidence is minimized. The minimization is 

by ventilating all outflow in one long narrow path which allows more radiational cooling 

and lessens the work of subsidence leaving more energy for intensification. However, the 

authors did not use any objective parameter to define strength of inertial 

stability/instability, other than qualitatively mentioning anticyclonic side of jet as a 

qualitative measure.   

 

Mecikalski and Tripoli (2003) showed that the mesoscale convective systems organizes 

itself to access the region of lowest upper-level inertial stability. The authours used low 

(negative) upper-level PV to objectively define the weak inertial stability (inertial 

instability) in northern hemisphere. Similarly, Blanchard et al (1998) discussed the role of 

weak inertial stability in the strengthening of mesoscale convective systems. In contrast 

to the convective systems that often develop in an environment with strong embedded 

short waves and cyclonic vorticity, many MCCs and MCSs have been observed to form 

in the environments where the value of isentropic absolute vorticity may approach zero or 

are negative, resulting in regions with weak inertial stability or inertial instability. Figure 

2.9 shows the conceptual diagram of regions of weak inertial instability. Blanchard et al 

(1998) used the ratio, alpha, of geostrophic absolute vorticity in isentropic level to the 

Coriolis parameter to objectively define the inertial instability parameter. They defined 

inertial instability when alpha is negative and weak inertial stability when alpha is close 
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to zero. Of the MCCs/MCSs of their study, 24% of the events showed inertial instability 

and most of them showed weak inertial instability prior to the storm. This shows 

parameter alpha seems to be a reasonable objective measure of inertial instability/weak 

inertial stability. However, this alpha parameter depends on geostrophic absolute 

vorticity, which might be problematic in the low latitudes. Moreover, Petterssen (1953) 

argued that application of absolute geostrophic vorticity over estimates the actual 

absolute vorticity and thus produces error in the prediction of storms using vorticity 

advection.  

 

Figure 2.9: Regions of upper-level weak inertial stability or inertial instability and its role 
in MCS organization. (a) Two typical regions for the occurrence of mesoscale convective 
systems (MCSs; darkened regions). Contours are representative of the Montgomery 
streamfunction (height) on isentropic (pressure) surfaces. Lows and highs marked by L 
and H, respectively. The equation for isentropic relative vorticity ςθ is given in natural 
coordinates. The first term on the right-hand side is the shear term and the second is the 
curvature term, where V is the wind speed, n is a distance oriented normal to the 
streamline, and Rs is the radius of curvature of the streamlines. (b) Cross section in the y–
z plane showing the conceptual model of trajectories of air parcels in inertially stable and 
unstable regions. In the inertially stable region (right side), outflow material descends in 
the near environment, resulting in drying and warming. The region of inertial instability 
(left side) permits meridional accelerations of outflow material. The thick, shaded line is 
a momentum (M) surface typical of inertially unstable regions. The vertical shear vector 
is directed into the page. Both panels are from Blanchard et al (1998). 
 

a)	 b)	
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Alaka (1961) argued that inertial instability could be developed even with positive upper-

level absolute vorticity. She derived a frequency (inertial instability parameter) (Eq. 1) 

from the gradient flow equation.   

 

𝛾! = [
2𝑉
𝑅 + 𝑓 𝜂]! ………………… . . (1) 

 

Where γ is the inertial frequency, V is magnitude of horizontal wind, R is the radius of 

curvature of trajectory of the flow, η=ς+f is absolute vorticity, ς is the relative vorticity 

and f is the coriolis parameter and all the variables are in isentropic level θ. First term in 

the right hand side is curvature term and second term is absolute vorticity, which contains 

shearing term. When the right hand side term of Eq. (1) is negative, γ becomes imaginary 

and the motion is unstable and the author defined this as an inertial (dynamic) instability. 

The author argues that 𝛾! can be negative either when η < 0 with normal winds or when 

curvature term is negative with positive absolute vorticity in the northern hemisphere.  

This expression seems more robust than just using absolute geostrophic vorticity. 

However, this expression ignores non-linear terms of the momentum equation.  

 

Petterssen (1953) derived the force balance equation using primitive horizontal 

momentum equation in the isentropic coordinate. He did not ignore any non-linear terms 

from the primitive equation. His work was motivated from the fact that the absolute 

vorticity computed from the geostrophic approximation ignore non-linear terms of the 

full momentum equations and thus give error in the estimation of pressure field from this 

vorticity. He showed that the balance between the Laplacian of the pressure and the 

vorticity is significantly influenced by other non-linear terms of the momentum equation. 



	 30	

He derived an expression that shows balance between pressure field and vorticity terms 

that includes divergence, deformation and beta effect as below:  

 

P= (Q2-A2-B2-D2-2β*u) x0.5-----------------------(2) 

Where, 

Pressure Field, P=∇2M+f2 

M is the Montgomery streamfunction and f is coriolis parameter 

Absolute Vorticity, Q= ς+f 

Relative Vorticity,  =  

Stretching Deformation, A =  

Shearing Deformation, B =  

Divergence, D =  

u and v are zonal and meridional components of the actual wind respectively. 
 

P is the pressure field that incorporates Laplacian of pressure (Montgomery 

streamfunction in theta surface) that is corrected for the pressure generated by the 

centrifugal acceleration due to the rotation. He used this expression to compute actual 

absolute vorticity Q and argued that the geostrophic approximation overestimates the 

actual absolute vorticity and showed that the difference is entirely due to the deformation 

term. He argued that in the geostrophic approximation, the instantaneous wind was 

assumed to be well adjusted to the pressure contour, though no acceleration mechanism is 

provided to allow the wind to remain adjusted when the air moves through a variable 

contour field. The expression in Eq. (2) provides an insight on the complex relation 

between the configuration of the pressure contour field and the vorticity and other non-

linear terms. This expression also confirms that deformation and divergence can change 
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the balance between pressure field and vorticity.  

 

In Eq (2), when right hand side is positive this expression represents an acceleration 

mechanism that will enable the wind to remain adjusted while the air moves through a 

variable pressure field in the process to seek for balanced adjustments. But when right 

hand side is negative the square root of P becomes imaginary and suggests that pressure 

field is not balanced by the sum of the other forces in the equation of motion. Therefore 

the expression in the right hand side can be used to define the term that induce imbalance 

between pressure and inertial terms. Negative values on the right hand side is 

representative of terms that weaken the equatorward restoring force that works against 

poleward pressure gradient forced. The negative value of right hand side term, therefore, 

will allow the flow to move in the direction of pressure gradient force until it reaches the 

region where it is balanced as represented by the positive values of this term. Since this 

expression provides a robust measure of force imbalance in the upper-level, it can be used 

here to see its role in the enhancement of tropical extratropical interaction during extreme 

events. This approach has not been used previously to understand the tropical-

extratropical exchange and its role in extreme rain events. 
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Figure 10: The dynamical response of the Gill model (Gill 1980) to asymmetric 
heating source (north of equator). (a) The surface wind field (vectors) and 
vertical motion field (contours, 0.3 interval: upward in north of equator); (b) 
The surface wind field and perturbation pressure (contours 0.3 interval). Both 
panels from are Gill (1980). 
 

 

Figure 2.11: Day 15 perturbation streamfunction fields (zonal average removed) for 
equatorial heating on Dec-Feb zonal flow for upper-level. The contour interval is 10x105 
m2/s. The zero contour is dotted and negative contours are dashed. Figure from Jin and 
Hoskins (1995). 
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2.3.2.  Eddy Shedding: A Mechanism Linking Tropical Heating, Rossby Wave, 

Upper-Level Force Balance and Tropical-Extratropical Interaction  

Previous studies have shown tropical-extratropical interaction from two perspectives on 

the origination of the forcing mechanisms. One group of research showed the 

extratropical waves as a source of forcing for the tropical weather events. These studies 

considered extratropical-tropical interaction resulting from the intrusion of eastward 

moving upper-level troughs originating in the extratropics that then trigger convection in 

the tropics (e.g. Kiladis and Weickmann 1992a; Knippertz 2007; Ding and Wang 2009; 

Hong et al. 2011). The other studies have discussed the influences of tropical heating as a 

forcing on the mid-latitude weather (Sardeshmukh and Hoskins 1988; Kiladis and 

Weickmann 1992b). They showed that tropical convection generates a Rossby wave train 

poleward of the convective heating source. Gill (1980) not only showed that the tropical 

heating could produce equatorial Rossby waves in the west and Kelvin waves east of the 

heating center as a dynamic response, but also suggested that it can influence the 

extratropics whenever the heating is off the equator in the resting atmosphere. Figure 

(2.10a) shows the Gill (1980) dynamic response at the lower troposphere due to the 

tropical heating north of the equator for resting atmosphere. The figure shows a surface 

low northwest of tropical heating in the northern Hemisphere. The author found upper-

level anticyclonic flow aloft the surface low. 

 

The Gill (1980) model was for the resting atmosphere and does not provide insight on 

how the response would be in the presence of the basic zonal flows. Jin and Hoskins 

(1995) used the Gill model for the northern winter basic flow (with Dec-Feb zonal flow). 

They found two types of response. The response near the equator remained same as that 

with the Gill resting atmosphere response but the response also showed a tendency to 
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produce downstream (eastward) development of a Rossby wave train when the response 

interacted with the mid-latitude westerlies (Figure 2.11). This study was based on the 

equatorial heating and was done for the northern hemisphere winter (Dec-Feb) basic flow 

and does not provide information on how off-equator heating will impact upstream 

(westward) of heating source in the presence of upper-level easterlies.  

 

A number of studies have discussed the westward eddy shedding process of the upper-

level anticyclone due to anomalous tropical convection (Hsu and Plumb 2000; Popovic 

and Plumb 2001; Garny and Randel 2013). The authors discussed the eddy shedding 

process as a result of anticyclone breaking into transient eddies due to the instability from 

tropical heating. They defined this instability as a dynamic instability. Hsu and Plumb 

(2000) explained eddy-shedding process based on circulation theorem and role of 

divergence. They started with circulation tendency in the outflow layer for the time mean 

around the closed contour C, (Eq. 3): 

 

----------(3) 

 

where A  is the area enclosed by that contour C, 𝜁 !  is mean absolute vorticity, 𝒖 is mean 

wind, and the terms on the right describe the contributions of transient eddies and friction, 

respectively. For inviscid steady state condition in the absence of eddies and mean 

absolute vorticity 𝜁 !   Eq. (3) becomes: 

----------------------------(4) 
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Eq. 4 represents the constraint that in the region with non-zero mean absolute vorticity, 

divergence has to be zero. For a divergence to occur in an inviscid flow the absolute 

vorticity must be zero. However, Hsu and Plum (2000) showed that even in the presence 

of divergence in an inviscid anticyclone with nonzero mean absolute vorticity satisfy the 

circulation constraint Eq (4) through the eddy shedding process. The main role of eddy 

shedding process is to relax the constraint Eq (4) by transporting PV through transient 

eddies, shed from the forced anticyclone and hence minimizes the effect of divergence.  

 

Moreover, the authors showed that the eddy shedding pattern depends on the latitudinal 

location of forcing due to heating. They conducted a number of experiments with 2D 

shallow-water model for non-axisymmetric model for β-plane, for a varying strength of 

divergence, background uniform flow, β effect and coriolis parameter. The eddy shedding 

process initiates as the conditions becomes super critical causing the system to be 

unsteady. They found that the condition becomes supercritical in two ways: First when 

flow parameter is supercritical and second when the β parameter becomes supercritical. 

When the strength of the external uniform flow is high enough compared to the divergent 

flow, i.e when the ratio of the two flows is higher than 1.65, the flow parameter becomes 

supercritical. Secondly, when the strength of the ‘‘β-drift” is high enough compare to the 

divergent flow such that the ratio of two becomes greater than 2.16, the β parameter 

becomes supercritical and that leads to the unsteady condition.  They performed two sets 

of experiments using these two parameters. For the flow parameter experiment with f-

plane and the supercritical condition, eddies shed eastward (Figure 2.12 a-d). When the 

eastward tongue is long enough in the zonal direction, the vorticity strip becomes 

unstable and rolls up into a small vortex that is shed downstream. They concluded that for 

a steady non-axisymmetric circulation to exist under an external uniform flow, the 
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magnitude of the external flow cannot be much larger than that of the forced divergent 

flow. If the flow parameter becomes much larger than supercritical value, the potential 

vorticity (PV) distribution becomes zonally oriented, and the induced return flow is not 

strong enough to prevent the anticyclonic vorticity from being advected downstream by 

the external flow. In β parameter experiment for the mid-latitude and supercritical 

conditions, the eddy shedding process took place in the westward direction (Figure 2.13 

a-d). Since the focus of this dissertation is on the impact of the heating force on South 

Asian High, the analysis will focus only on the westward eddy shedding process. In these 

cases, the vortex pattern shifted further southwestward and the area of convergence 

expanded. Along with a thin anticyclonic strip drawn out of the forcing area, a cyclonic 

strip was advected around the eastern flank of the anticyclone. Both strips became 

unstable and rolled up into a pair of vortices which then shed westward and disappear 

gradually. 
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Figure 2.12: Eddy shedding experiment for f-plane for supercritical flow condition. The 
phases of shedding cycle (t=1) at t=0.25, t=0.5, t=0.75, t=1.0. Shading is absolute 
vorticity with an interval of 0.025f0 between 0 and 1.575 (warm color: low vorticity and 
cold colors high vorticity). The inner circle marks the size of the imposed axisymmetric 
mass source (corresponding to heat source) and the outer circle marks the limit of the 
corresponding axisymmetric divergent circulation. From Hsu and Plumb (2000). 
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Figure 2.13 Eddy shedding experiment for β-plane for supercritical β parameter. The 
phases of shedding cycle (t=1) at t=0.25, t=0.5, t=0.75, t=1.0. Shading is absolute 
vorticity with an interval of 0.025f0 between 0 and 1.575 (warm color: low vorticity and 
cold colors high vorticity). The line contours are geopotential perturbation plotted with a 
contour of 10m2s-2. Vectors denote the wind field. The inner circle marks the size of the 
imposed axisymmetric mass source (corresponding to heat source) and the outer circle 
marks the limit of the corresponding axisymmetric divergent circulation. From Hsu and 
Plumb (2000). 
 
 
For the β parameter scenario, the authors showed that the westward eddy shedding 

pattern changes with the latitudinal position of the heating forcing (Figure 2.14a-c). This 

figure (top to bottom) represents results for heating centered at mid-latitudes, subtropics 

and near equator respectively. The figure shows that for lower limit of supercritical β 

parameter, the pattern becomes less wavy as the forcing shifts to equatorward. The 

authors explained that this elongation of anticyclone with decreasing latitude is the result 
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of dynamic interaction of flow dynamics with the β effect as the heating function moves 

equatorward. One of the interesting outcomes of their β experiments is the one with the β 

parameter of 17.28, much higher than the lower limits of supercritical values 4.32) and 

the heating forcing located between subtropics and near-equator (Figure 2.15). In this 

scenario, the authors noticed frequent development of transient eddies. Figure 2.15 

represents a snapshot of the westward eddy shedding in this scenario and the authors 

highlighted that it resembles the snapshot of Tibetan anticyclone during monsoon season 

with easterlies in the south and westerlies in north of the forced anticyclones from the 

monsoonal heating. Nevertheless, they concluded that the eddy shedding process is 

merely upper-level phenomena and did not seem to impact surface. The authors did not 

look into the case describing how it will couple with mid-latitudes and how these changes 

in the mid-latitudes, in turn, impact the lower troposphere. Few studies showed the 

relation between outflow from the monsoon anticyclone and Rossby wave breaks 

downstream (Postel and Hitchman 1999, 2001). The authors attributed the Rossby wave 

breaking to the dynamical instability created by reversal of PV gradient and thus lead to 

tropical-extratropical mixing. 

 

The eddy shedding studies suggest that depending on the latitudinal location of 

monsoonal heating, the pattern of the eddy shedding changes. They further imply   that if 

the monsoonal heating shifts northward from its normal location and the eddies expand 

meridionally and becomes wavy, the heating is most likely near equator creating zonally 

elongated westward shedding.  Therefore it appears that the shift of monsoonal heating 

northward might trigger a favorable condition for enhanced tropical-extratropical 

interaction as suggested by Postel and Hitchman (1999, 2001), which might have led to 

the extreme cloudburst events in the Nepal Himalayas. 
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Figure 2.14: A snapshot of model output on Eddy shedding experiment for β-plane with 
critical β parameter but with heating function at various latitudes (various values of q 
parameter). Top:  equivalent to mid-latitudes; Middle: equivalent to subtropics; Bottom: 
equivalent to near equator Shading is absolute vorticity with an interval of 0.025f0 
between 0 and 1.575 (warm color: low vorticity and cold colors high vorticity). The line 
contours are geopotential perturbation plotted with a contour of 10m2s-2. Vectors denote 
the wind field. The inner circle marks the size of the imposed axisymmetric mass source 
(corresponding to heat source) and the outer circle marks the limit of the corresponding 
axisymmetric divergent circulation. From Hsu and Plumb (2000). 
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Figure 2.15: Snapshot of model output on eddy shedding experiment for β-plane with 
high supercritical β parameter and heating function at between subtropics and near 
equator (q=0.5). Shading is absolute vorticity with an interval of 0.025f0 between 0 and 
1.575 (warm color: low vorticity and cold colors high vorticity, color scheme is same as 
in Figure 2.14). The line contours are geopotential perturbation plotted with a contour of 
10m2s-2. Vectors denote the wind field. The inner circle marks the size of the imposed 
axisymmetric mass source (corresponding to heat source) and the outer circle marks the 
limit of the corresponding axisymmetric divergent circulation. From Hsu and Plumb 
(2000). 
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Chapter 3 

Methodology and Data 

This chapter presents methods used in accomplishing objectives to seek support for the 

hypotheses of this research. It also provides the framework of the research designed to 

achieve these goals. This chapter furthermore describes the data used and discusses the 

limitation of methods and data used. The framework of this dissertation research is 

presented in chart below and detail methods are explained in the subsequent sections: 

 

 

 

Objective 1: 
Identification of 

cloudbursts  

Objective 2: 
Identification 

significant 
synoptic features 

during 
cloudbursts  

What are the 
significant 

synoptic features 
of cloudburst 
events that are 

different from the 
normal monsoon 

climatology?  

• Top ten rainfall events  
• Data: Surface raingauge 

data 

a) Composite analysis 
b) Time evolution of 

composites 
c) Significant test 
Data: Era Interim isobaric 
data  

Hypothesis 1:  
Synoptic features 
during cloudbursts 
are significantly 

different 

a) Upper-level force balance 
approach: 

Time evolution of 
cloudburst composite of  
• α at 370K 
• FB-ratio at 370K 
b)Westward eddy shedding 

process:  
• Time evolution of 

cloudburst composites of 
Montgomery 
streamfunction high, low 
PV (<1.5) and OLR 
minima 

Data: Era Interim Isentropic 
& NCEP OLR  

Objective 3:  
To analyze 
anomalous 
tropical-

extratropical 
interaction 

Objective 4: 
To identify a 

possible 
mechanism that 
could trigger a 

series of 
synoptic events 

that favors 
tropical-

extratropical 
interaction 
during the 
cloudburst 

events. 

What triggers 
favorable synoptic 

conditions for 
cloudbursts?  

Comparison of composite 
and climatology of  
• northern  Hadley cell 

strength  
• northward westerly 

momentum transport  
Data: Era Interim isobaric  

Hypothesis 2: 
northward tropical-

extratropical 
interaction is 

stronger during 
cloudbursts 

Hypothesis 3: 
Anomalous 

monsoonal heating 
leads to a series of 

synoptic events that 
favors diversion of 

the low level 
monsoon flow 

toward the 
extratropics and 

trigger cloudburst 
activity along the 
southern slopes of 

the Himalayas 

Research 
Questions  Hypothesis  Objectives  Methods &Data  
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3.1 Objective 1: Identifying Cloudbursts Events: 

The term “cloudburst” is used by atmospheric scientists in the Indian Subcontinent to 

refer to localized rainstorms characterized by a few hours of very intense rainfall in the 

Himalayas during the monsoon season, commonly in July and August (Das et al. 2006). 

Because of the sparse station network for rainfall intensity and other meteorological 

variables (e.g. upper air), not enough in situ data are available on the cloudburst events in 

the Himalayas for an optimal scientific investigation of the occurrence and precise 

location of these storms. Lack of sufficient meteorological information was likely the 

main limiting factor in preventing the development an objective definition of the 

cloudbursts in the past. For example, Das et al. (2006) presented only an unofficial 

definition of “cloudburst” to be “a storm with a rainfall intensity of 75-100 mm/h in 

India” but did not indicate any evidence of such intensity during the cloudbursts in India. 

The only “cloudburst” event with recorded rainfall intensity in the Nepal Himalayas was 

the event of July 19-20, 1993, which occurred in the Kulekhani watershed. The maximum 

hourly rainfall intensity recorded during this event was 65 mm/h (ISET-N and ISET 

2009). Based on the daily rainfall data, this event produced the highest daily rainfall (540 

mm) ever recorded in Nepal’s data history. Unavailability of sufficient in situ rainfall 

intensity data for cloudburst events limits our ability to analyze and identify cloudbursts 

based on rainfall intensity criteria.  

 

Our research found remotely sensed rainfall intensity data available for this region 

(Yamamoto et al. 2011). According to Yamamoto et al. (2011) 3-hourly tropical rainfall 

measuring mission (TRMM) (3B42 version 6) rainfall data are one of the best available 

remotely sensed rainfall intensity data sets for this region. However, this assertion was 
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based on the comparison of the mean monsoon rainfall from the satellite products with 

mean rainfall from individual rain-gauge station data. Unfortunately, they compared 

datasets in which durations of the data were not the same. They also did not look at day-

to-day or shorter timescale variability in intensity, which is critical to our analysis.  

Barros et al. (2000) compared instantaneous rainfall intensity estimated from the TRMM 

Precipitation Radar (PR) (2A25) to gauge data in 1999, and found quite a bit of scatter in 

the relationship between gauge-estimated precipitation and the 2A25 precipitation.  It is 

not clear whether the time intervals in the rain-gauge data match the satellite 

observations, which could add to scatter.  More generally, instantaneous rainfall is sub-

ideal for identifying periods of accumulated rainfall as we wish to in order to identify 

cloudbursts. Because of uncertainty in TRMM rainfall intensity products, particularly for 

the strongest rainfall events, we used daily rainfall data from 1980-2008 from the rain-

gauge stations in Nepal to identify the “cloudbursts.” We used days with the heaviest 

rainfall as a proxy for the “cloudburst” events and will be referring to those as 

cloudbursts, hereafter. We also analyzed rainfall characteristics in the TRMM (3B42 

version 7) product (TRMM rainfall hereafter) for the events that we identified using 

station data.  

 

Daily rainfall data was obtained from the Department of Hydrology and Meteorology 

(DHM), Government of Nepal, except for rainfall data of the July 1993 cloudburst, which 

was recorded by the Department of Soil Conservation and Watershed Management of 

Nepal (Shrestha 1998). The daily rainfall reported is 24-hour accumulated rainfall 

recorded in the meteorological stations every day at 8:45 AM local standard time (3:00 

UTC). The DHM is a member of the World Meteorological Organization (WMO) and 

follows the technical guidance of the WMO in establishing station network, installing 



	 45	

instruments, and collection and quality control of meteorological data. Any data that did 

not meet WMO quality standards are discarded (personal communication with Mr. Saraju 

Baidya, Deputy Director, DHM). Because erroneous data are common in a number of 

remote stations in Nepal, the precipitation dataset has many missing records. Therefore, 

only 94 out of 282 meteorological stations have complete data (no missing data) for July 

and August between 1980-2008. These 94 stations with complete data were used for the 

cloudburst identification.  

 

Previous studies have also shown the reliability of published rain-gauge data from Nepal. 

For example, Yatagai et al. (2009, in supplement) used dense station network data from 

Nepal1 after conducting their own quality control process for APHRO_V0902 gridded 

data preparation. The acceptance of a large number of stations by their quality control 

process further suggests that most of the station data from the DHM are reliable. Yatagai 

et al. (2009) found that APHRO_V0902 showed the least error among other gridded and 

satellite datasets when compared with independent data (not used to prepare 

APHRO_V0902) in five selected watersheds of Nepal. These studies confirm the 

reliability of the daily gauge data from Nepal.  

 

In this study, we subdivided Nepal into three regions longitudinally: the west (80-83E), 

the central (83E-86E) and the east (86E-88E) since we wished to do a composite analysis. 

In each region maximum daily rainfall records were sorted in descending order. The top 

ten daily maximum rainfall events during July and August in each region were identified. 

These events, in each region, are presented in Table 1 and the locations of the events are 

shown in Figure 3.1. Table 1 shows that the lowest value of daily rainfall among the top 

																																																								
1 This can be inferred from the figures for individual years from 1961 to 2004 in the 
supplement material of Yatagai et al. [2009] 
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ten heavy rainfall events is about 222 mm. Therefore, based on daily rainfall, for the 

purposes of this study, we define events with daily rainfall of more than 220mm to be 

cloudbursts, and examine these events.   

 

Table 1:  Daily rainfall with dates recorded during the top ten “cloudburst” events in 3 
regions of Nepal, ordered by highest rainfall amount in each region. 

West region Central region East region 

Year Month Day Rainfall 
(mm) Year Month Day Rainfall 

(mm) Year Month Day Rainfall 
(mm) 

1981 7 31 380.1 1993 7 20 540.0 1987 8 11 377.6 
2007 7 21 282.3 2003 7 31 456.8 1985 7 28 352.0 
1986 7 21 281.2 1990 8 27 453.2 1980 8 21 336.0 
1985 8 24 262.3 2002 7 23 442.5 1983 7 15 320.6 
1996 7 19 240.7 2001 8 18 357.0 1989 7 2 290.5 
1990 7 10 230.5 1996 7 14 354.0 2000 8 5 280.2 
2006 7 9 225.0 2003 7 18 344.2 2005 8 27 256.8 
1988 7 6 224.5 1987 8 1 320.0 1994 8 15 246.3 
2002 8 20 223.2 2007 8 17 311.2 1981 7 4 240.2 
1992 8 27 222.1 1986 7 10 298.5 1989 7 27 240.0 

 

 

Figure 3.1: Station locations of the top ten maximum daily rainfall events in each region 
in Nepal during 1980-2008 along with topography. Cross: East region stations, Open 
circles: Central region stations, Stars: West region circles. 
 

It is noteworthy that the top 10 events (Table 1) from the central region are among the top 

15 heaviest rainfalls in all of Nepal, while only one event from the west and four from the 



	 47	

east regions ranked among the top 15. This pattern suggests that the central region of 

Nepal has the highest potential of occurrence of cloudbursts. Figure 3.2 presents the daily 

maximum rainfall distribution in Nepal during (1975-2008), which shows the pocket of 

the heaviest daily rainfall located in the central region (83-86E). Therefore, and because 

we chose to do a composite analysis of events close together geographically, this paper 

focuses on the cloudburst events in the central region of Nepal. Table 1 shows temporal 

variability in cloudburst occurrence in these three regions. In the eastern region 

cloudbursts occur most frequently in the 1980s while in central region, occurrences are 

mainly in the 1990s and in the 2000s. In the western region, the occurrences are equally 

distributed in three decades.  

 

 

Figure 3.2: Distribution of daily maximum rainfall (mm) in Nepal during 1975-2008. 
Source: Prepared by Department of Hydrology and Meteorology, Nepal using 
Kriging Interpolation method in SURFER software. 
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3.1.1 Cloudburst Rainfall Analysis: Station verses TRMM data 

Of the ten events in the central region of Nepal, only the July 1993 event has recorded 

hourly rainfall intensity (Figure 3.3a). The figure shows that the most intense rainfall, 

more than 40 mm/h, occurred in the 3-hour period between 9 PM and midnight local 

standard time (LST), with a second 3-hour peak in the early morning. Out of ten, for five 

events that occurred in the 21st century, 3-hourly average TRMM rainfall intensity data 

are available. Figure 3.3b shows the four-day (from one day before to two days after the 

cloudburst day) temporal variation of rainfall intensity from TRMM data (for the grid 

point with maximum rainfall intensity on the cloudburst day: Day 0). Similar to the 

station rainfall intensity pattern in the July 1993 event (Figure 3.3a), in all five cloudburst 

cases maximum rainfall intensity is concentrated in the three-hour period, either late night 

or early morning (Figure 3.3b). Only two events, July 2002 and July 30-31 2003, have 

maximum rainfall greater than 30 mm/h and only the July 2002 has a double peak: one in 

the late evening and the other in the early morning. As mentioned by Das et al. (2006), in 

all five cases, maximum rainfall intensity is concentrated for a short period of time (three 

hours).  

 

TRMM rainfall intensities of these cloudburst events are considerably less (between 20 

mm/h and 45 mm/h) than that mentioned in an unofficial definition of cloudbursts in Das 

et al. (2006), while the maximum intensity measured by the hourly gauge (65 mm/h in 

July 1993 cloudburst, Figure 3.3a) is similar in magnitude to that mentioned in Das et al. 

(2006). While no station data is available to make one on one comparison of TRMM and 

gauge intensities of cloudburst events, we should point out that lower intensities of 

cloudbursts in TRMM data might be due to the fact that TRMM rainfall intensity data is 
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an average intensity for a 0.25-degree grid rather than a point measurement in rain-gauge 

station data.  

 

Figure 3.3: Rainfall intensity during cloudbursts in Nepal. a) Hourly rainfall intensity 
Kulekhani, Central Nepal, 19-20 July 1993 from station data, b) 3-hour average rainfall 
intensity for five 21st century cloudburst events from TRMM data, c) Evolution of spatial 
distribution of 3-hourly rainfall intensity based on TRMM data during 30-31 of July 2003 
cloudburst (LST means local standard time). (TRMM data: 3B42 version 7) 
 

The short period localized intense rainfall can be also observed in maps of the cloudburst 

event rainfall (Figure 3.3c). The figure shows spatial and temporal variation of rainfall 

intensity from TRMM data during the July 30-31 2003 cloudburst. During all of the five 

cloudburst events, for which TRMM data is available, the temporal and spatial 
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distributions of rainfall show similar localized short-period heavy rainfall (not shown 

here). However, the highest rainfall intensity in TRMM data for the other events is much 

less than in the July 30-31 2003 event. 

 

We compared the spatial rainfall patterns of daily rainfall for the July 30-31, 2003 

cloudburst event using station data (Figure 3.4a) and TRMM data (Figure 3.4b). The 

station rainfall distribution for July 31, 2003 is based on 197 rainfall stations without any 

missing data for July and August of 2003. Daily TRMM rainfall data was calculated from 

3-hourly average TRMM rainfall intensity data.  Again, as suggested by Das et al. (2006), 

strong localization of intense rainfall is observed in both rainfall data sets. We also 

examined the spatial distribution of rainfall for the remaining 9 events using station data 

(not shown here) and for 4 events of the 21st century using TRMM data (not shown here). 

Both datasets show the localization of heavy rainfall during cloudbursts. However, 

TRMM daily rainfalls show negative biases (-33% to -83%) and slight dislocation of the 

heavy rainfall pockets (e.g. Figure 3.4b) compared to the station rainfall distribution (e.g. 

Figure 3.4a). Similar spatial dislocations were observed during the other cloudburst 

events as well (not shown here). The bias was calculated as a percentage of the difference 

between TRMM rainfall and station rainfall, compared to the station rainfall on the 

cloudburst day. In this calculation, TRMM rainfalls of the grid point with the maximum 

value were used. This discrepancy could be either due to the different spatial resolution of 

the two data sets (TRMM data is averaged for 0.25-degree resolution while station data 

set is a point measurement) or it could be because the satellites used in TRMM data might 

have missed the heaviest rainfall episode of that event. Barros et al. (2000) suggested that 

TRMM rain rate performs best when the satellite overpass the storm. Therefore, further 

research is required to evaluate TRMM rainfall data with in situ data on rainfall intensity, 
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when focusing on extreme events in Nepal.  In our analysis, we choose to use the gauge 

data to identify cloudbursts.   

  

Figure 3.4: Spatial distribution of daily rainfall (mm) during the July 30-31 2003 
cloudburst events. a) Rain gauge station data plot (size and color of circles represent 
rainfall magnitude expressed in the color bar. b) Calculated from 3-hourly TRMM Data 
(3B42 version 7) 
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3.2 Methodology  

This section discusses the methods and data used to achieve Objective 2, Objective 3 and 

Objective 4.  

 

3.2.1 Composite Analysis: An Approach to Achieve Overall Goal of the Research 

Cloudburst composites were prepared by taking the average of the synoptic conditions of 

the top ten cloudburst events (Table 1) in the central region.  For synoptic analysis, there 

is no in situ upper-air data in the Nepal Himalayas. Reanalysis data is the only 

meteorological data available for the synoptic analysis in this region. This study used 

ERA-Interim (European Centre for Medium-Range Weather Forecasts Reanalysis) data 

for synoptic analysis of the cloudbursts and monsoon climatology. ERA-Interim data is 

one among the high-resolution reanalysis data sets with good performance in this region 

(Bao and Zhang 2012; Wang and Zeng 2012; Demott et al. 2013). The horizontal 

resolution of the ERA-Interim data is 0.703 degrees and the data have 60 vertical levels 

up to 0.1 hPa (European Centre for Medium-Range Weather Forecasts 2009). To 

compare the cloudburst conditions with the normal monsoon synoptic conditions we also 

used the July-August ERA-Interim climatology for the period from 1981 to 2010. 

 

3.2.2 Significance t-test 

The significance of the composite analysis results was tested using the Student’s T test. 

This test was specifically used to test the Hypothesis 1 that if the synoptic features of 

cloudbursts are significantly different from the normal climatology. One of challenges of 

using this tool is the estimation of degrees of freedom (DOF) in dependent samples. 

While 10 cloudburst events are independent of each other, the samples in the 

climatological data series are not independent to each other. Leith (1973) and Bretherton 
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et al. (1999) introduce a method to estimate modified degrees of freedom using effective 

independent sample size. The number of independent sample size was estimated from 

autocorrelation values. These study found that larger the autocorrelation smaller would be 

the degrees of Freedom. Hartmann (2016) prepared a graph on relation between the ratio 

between effective independent samples size to original sample size and autocorrelation 

between data points (Figure 3.5). This study uses this graph to estimate effective 

independent samples size and degrees of freedom. 

 

Figure 3.5: Comparison of the ratio of effective sample size to actual sample size 
for Leith (1973) and Bretherton et al. (1999) formulas as a function of r(Δt). (r is 
autocorrelation coefficient and Δt is time step. Figure adopted from Hartmann 
(2016). 
 

3.2.3 Objective 2: Identification of Favorable Synoptic Conditions of the 

Cloudbursts 

Composite analysis of ten cloudburst events in the central Nepal performed to identify the 

synoptic features of cloudbursts. To understand the relation between synoptic features 

time evolution of cloudburst composites were done from 2 days before the event to 2 
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days after the events. In each case significant test was performed using most conservative 

autocorrelation value of 0.8 to estimate the degrees of freedom. With this autocorrelation 

value and using Leith (1973) and Bretherton (1999)-Linear curves, the effective sample 

size (N*) becomes 186 for total number of sample size for dependent time series, 

N=1860. Therefore degrees of freedom will be estimated using effective sample size. 

 

3.2.4. Objective 3: Enhanced Northward Tropical-extratropical Interaction 

To examine enhanced northward tropical-extratropical interaction a number of analysis 

was done. Knippertz (2007) used the strength of the local Hadley circulations to show 

stronger tropical extratropical Interaction. Riehl (1977) discussed transport of heat, mass 

and momentum from tropics to extratropics during deep trough intrusion to the tropics. In 

this research strength of the local Hadley cells and northward momentum transport was 

analyzed.  

 

a) Local Hadley Cell  

Strength of the local Hadley cell (mean meridional circulation) was computed from 

the mass streamfunction expression as below: 

𝜓! =
2𝜋𝑎𝑐𝑜𝑠𝜙

𝑔 𝑣𝑑𝑝
!"""

!
 

where, a is the radius of the earth, φ is the latitude of the earth, v is the meridional 

wind and dp is the pressure increments from the surface to the top of the atmosphere. 

Then the streamfunction was averaged for the respective longitudes to obtained local 

Hadley cells. It is noteworthy that streamfunction here is different from the zonally 

(global) averaged streamfunction, which gives the mass circulation in latitude-altitude 

plane. In the present study, because streamfunction is calculated from the meridional 

wind, the meridional branch of the streamfunction contours represent true meridional 
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flow while the vertical branch only provides the qualitative structure of the vertical 

flow.  

 

b) Northward Momentum Transport by Mean Meridional Circulation 

Transport of westerly momentum by mean meridional circulation was computed 

using following expression: 𝒗 𝒖  

where,   

𝑣  is the zonal average of time mean meridional wind 

𝑢  is the zonal average of time mean zonal wind 

The positive value of 𝑣 𝑢 gives the northward transport of westerly momentum my 

mean meridional circulation. Time mean for climatology is 30-year period (1981-

2010) and time mean for cloudbursts is mean of ten cloudburst events. 

 

c) Northward Momentum Transport by Transient Eddies 

Transport of westerly momentum by transient eddy is computed as: 𝒗!𝒖′  

where, 

 𝑣′ = 𝑣 − 𝑣 is the deviation of meridional wind from time mean  

𝑢′ = 𝑢 − 𝑢 is the deviation of zonal wind from its time mean 

The positive value of 𝒗!𝒖′  gives the northward transport of westerly momentum my 

transient eddies. 

 

d) Momentum Flux Divergence by Transient Eddies  

 Transient eddy momentum flux divergence was calculated using following expression: 

∇.  𝑣′𝑢′ 𝑐𝑜𝑠𝜙   

where, 𝑣 is the horizontal velocity vector = (u, v ) 
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The positive values of above expression mean the flux divergence while negative values 

mean northward flux convergence. 

 

3.2.5 Objective 4: Association of Tropical Heating in Triggering Tropical-

Extratropical Interaction During the Cloudbursts 

Following two steps were taken to examine the role of tropical heating on tropical-

extratropical interaction during cloudbursts.  

 

a) Upper-level Force Balance Approach 

The importance of a force balance approach to understand tropical extratropical 

interaction was discussed in Chapter 2, section 2.3.1. In this research, Petterssen (1953) 

expression (Eq. 2) for force balance analysis was applied on an isentropic surface 370K. 

The square of right hand side of this term of Eq. 2 is named as force balance parameter 

(α): for the convenience and thus becomes:  

α = (Q2-A2-B2-D2-2β*u )*0.5-----(5) 

From Eq 2 and Eq 5, when α is positive, the pressure field has real solutions, which 

indicates pressure field is balance by the sum of terms in the right hand side. It is 

noteworthy that α is positive when absolute vorticity is greater than sum of the non-linear 

terms (deformation and divergence and beta effect). When α is negative, the pressure 

field has imaginary solution, which means pressure field is not balanced by the sum of 

restoring forces. This condition can occurs when non-linear terms mainly deformation 

and divergence terms are much larger than the absolute vorticity thus leaving pressure 

field unbalanced. In such case deformation and divergence can lead to northward 

resulting flow and enhanced tropical-extratropical interaction. 
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To examine upper-level for balance, force balance parameter was calculated for 370K 

isentropic surface for each cloudburst event and composite maps are prepared for the 

period from -6 days to +5 days.  Negative α north of the Nepal Himalayas should 

represent weak restoring force compare to the pressure gradient force 

 

Further to show that during the cloudbursts events the pressure field exceeds the restoring 

forces in the northern side of the Nepal Himalayas compared in the south side of the 

Himalayas, the ratio of Montgomery streamfunction gradient to inertial force was 

computed for 370K surface.  

 

b) Eddy Shedding Process 

To understand to role of the tropical heating, negative OLR anomaly was computed for 

cloudburst composite, which will give the tentative location of the tropical heating. Then, 

westward eddy shedding mechanism was analyzed using time evolution of  

cloudburst composite of 370K surface Montgomery streamfunction high and potential 

vorticity lower than 1.5PVU from -7 days before to +5 days from the cloudburst day.  

 

Since it is well established that upper-level Tibetan anticyclone during the monsoon 

season is one of the features of the linear dynamic response of the monsoonal heating 

(Gill 1980; Hoskins and Rodwell 1995). This study did not intended to show the changes 

in anticyclone during the cloudbursts is due the monsoonal heating; but rather considered 

this relation is obvious and thus intended to establish association between the location the 

tropical heating anomaly and the enhanced tropical-extratropical interaction during the 

cloudburst via eddy shedding process. 
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Chapter 4 

Cloudburst Synoptic Features: Composite Analysis 

This chapter presents the composite analysis of ten cloudburst events to identify the 

upper-level and surface synoptic features. The focus of the analysis in this chapter will be 

on the synoptic features discussed in Chapter 2. This chapter first lays out the climatology 

of synoptic conditions during monsoon and compares upper-level jets, upper-level 

westerly trough, positive potential vorticity and vertical motion during cloudbursts with 

the climatology. To understand relation between the synoptic features time evolution of 

these features were prepared and also the conceptual model of cloudburst mechanism is 

presented. 

 
4.1. Synoptic Climatology during July-August 

Figures 4.1a and 4.1b present the July-August climatology of wind with geopotential 

height for 200 hPa and 125 hPa isobaric levels respectively. These levels were chosen 

because the westerly and easterly jets have their maximum strength there (Randel et al. 

2007; Roja Raman et al. 2009). Climatologically, westerly jet (WJ) cores (30 m/s) are 

centered at about 43N and 90E, at the 200 hPa level (Figure 4.1a). The easterly jet (EJ) 

core, maximum at 125 hPa level, is centered at about 12N 70E (Figure 4.1b). The EJ core 

is about 5 m/s stronger than the WJ core and occupies a larger area. Figures 5a and 5b 

also show that in the western Himalayas, north of 30N (northwestern Indian and northern 

Pakistan), upper air winds are weak westerlies while in the central and eastern Himalayas 

(over Nepal and northeastern India) the wind aloft is mainly very weak easterly. These 

upper-level features are consistent with favorable conditions mentioned by Houze et al. 

(2007) for deep intense convection in the western Himalayas, wide intense convective 
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system in the lowlands and broad stratiform convective systems in the eastern and central 

Himalayas.  

 

Figure 4.1: ERA-Interim July-Aug 18 UTC climatology (1980-2010). a) 200 hPa wind 
speed (shading, m/s), geopotential height (magenta contours, km), 28 m/s westerly jet 
core (black contour); b) 125 hPa total wind speed (shading m/s) and vectors, geopotential 
height (magenta contours, km), 35 m/s easterly jet core (black contour); c) surface total 
wind (vectors), mean sea level pressure ‘MSLP’ (magenta contours, hPa), approximate 
location of the monsoon trough axis (thick black dash line); d) same as (c) but zoomed 
over Nepal with MSLP at 1 hPa interval. D) 850 hPa geopotential height pattern. Gray 
shading in a, b c and d represents the Tibetan Plateau and the Himalayas with elevation 
higher than 2000 m above sea level. 
 

e) 850 hPa 
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Climatologically, the monsoon trough of surface low-pressure area is located in the 

northern plains of India, extending almost parallel to the Himalayas. Figure 4.1c shows 

the climatology of mean sea level pressure (MSLP), which depicts a northwest-southeast 

oriented monsoon trough extended from Pakistan to the Bay of Bengal almost parallel to 

the Himalayas. Although MSLP often does not adequately depict the horizontal 

variability of pressure in a mountainous region, it is used in this analysis to locate the 

monsoon trough, which is climatologically located over the Plains in Northern India.  

Close examination of the monsoon trough in the geopotential height maps for 850hPa 

(Figure 4.1.e), suggests that the monsoon trough in 850hPa is adequately depicted by the 

MSLP analysis. Figure 4.1d shows wind around the monsoon trough near the Nepal 

Himalayas. The wind circulation around this trough leads the surface wind to be easterly 

from the Bay of Bengal in the north of the monsoon trough and westerly from the 

Arabian Sea in    the south of the monsoon trough. The easterly surface flow from the 

Bay of Bengal north of the monsoon trough over the Nepal Himalayas is lifted by the 

topography. This flow north of the trough is more supportive of stratiform precipitation 

than convective precipitation over the foothills of the Nepal and eastern Indian Himalayas 

(Houze et al. 2007; Shrestha et al., 2012). 

 

4.2  Cloudburst Composite Analysis 

Cloudbursts in Nepal normally occur late at night or early morning (Figure 3.3a). The 

composites and their anomalies were prepared for 18 UTC (midnight local standard time) 

of the storm day. The significance of these anomalies was analyzed using T-test with 

95% confidence level. We also compared these anomalies with the climatological 
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standard deviation. This section presents analysis of upper and lower troposphere 

synoptic features before, during and after the cloudburst events.  

 

4.2.1 Jet Streams and Upper-Level Troughs 

Figure 4.2 shows the evolution of an upper-level trough north and slightly west of central 

Nepal and shifts in the easterly and westerly jets compared to the climatology from 2 

days before to 2 days after the cloudburst event. The left panel (Figure 4.2a) and right 

panel (Figure 4.2b) represent evolving condition at 200 hPa and 125 hPa respectively. 

The left panel (Figure 4.2a) shows a westerly trough (negative geopotential anomaly) 

located north-northwest of Nepal that deepens from two days before (~ -40 m) until the 

cloudburst day (~ -80 m) and starts weakening afterwards. The figure also shows 

southward shift and expansion of this trough. This trough is significant at the 95% level 

from one day before the event. This trough extends to 125 hPa (Figure 4.2b) and a similar 

time evolution is visible at 125 hPa. According to QG theory an advection of cyclonic 

vorticity and divergence of ageostrophic wind is maximum east of the upper-level 

troughs, and this advection and divergence has a tendency to support surface cyclonic 

circulations beneath (Martin 2006, pp 150,163). It is noteworthy that the upper-level 

trough associated with the cloudbursts to the north-northwest of Nepal might play a role 

in producing the surface disturbance over Tibet and in the Nepal Himalayas (results 

shown in the sub-section 4.2.2). Presence of the Himalayas appears to be responsible for 

the cloudbursts occurring southeastward of the upper-level trough (which is located over 

the southern slopes of Nepal Himalayas) rather than further north directly to the east of 

the upper-level trough.  
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Figure 4.2 Evolution of composite upper-level geopotential height anomalies and wind 
speed anomalies from two days before (-2 day) to two days after (+2 day) the cloudbursts. 
a) Left panel is 200 hPa; b) Right panel is 125 hPa. 0 day is cloudburst day. Blue vectors: 
total wind (m/s), shading: wind speed anomaly (m/s), Magenta contours: Negative GPT 
anomaly (20 m interval), Green contours: Positive GPT anomaly (10 m interval), Yellow 
contours: 95% significance of geopotential anomaly, Red contours: 95% significance of 
wind speed anomaly, Black contours: climatological jet core (35 m/s, 125 hPa and 30m/s, 
200 hPa), Cyan contours: Cloudburst jet core (35 m/s, 125 hPa and 30 m/s, 200 hPa), 
Gray thin contour: 2 km elevation above sea level. 
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Figure 4.2a also shows the evolution of westerly jet shift before, during and after the 

cloudbursts. The WJ core speed intensifies and shifts southward from 2 days before the 

event until the day of the event and then retreats and weakens. The wind speed anomaly 

is positive to the south of the climatological WJ core (Figure 4.2a). The magnitude and 

extension of this positive wind anomaly is maximum on the day of the events and 

weakens from one day past the event. The positive anomaly is significant at 95% 

confidence level from 2 days before the event to the event day. Hence, the southward 

shift of the WJ core (≥30 m/s; east of 80E) near Nepal during the cloudburst is 

significantly different from climatology. It is noteworthy that strong positive anomaly is 

over the southern side of the entrance region of this jet core, which suggests that the 

entrance region shifts southward more than the exit region. The southward shift of the WJ 

entrance also suggests a southward shift of the associated rising branch (located south of 

the jet entrance) of the direct circulation. Quasi-geostrophic analysis would suggest that 

this would be associated with rising motion on the southern slopes of the Himalayas, 

which would then likely play some role in creating favorable conditions for the 

occurrence of the cloudbursts.  

 

Figure 4.2b shows the evolution of the EJ core at 125 hPa. The entrance region of EJ core 

(≥35m/s) extends northeastward from one day before events with maximum extension on 

the day of the event and it then retreats afterwards compared to its climatological 

position. The wind anomaly shows that the EJ speed during the cloudburst is stronger in 

the northeast (significant at 95% level) and weaker in the southwest of the jet core than in 

the climatology in this five-day period, which indicates significant northeastward shifts of 

the EJ entrance. The monsoonal rainfall pocket in the eastern and northeastern parts of 
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South Asia has been attributed by Koteswaram, (1958) to the large-scale ascent 

associated with the direct circulation around the EJ entrance region. Other studies also 

suggest the applicability of the quasi-geostrophic (QG) approximation in low-latitude 

large-scale synoptic features with a low Rossby number (Ro) (Flohn 1964; Hastenrath 

1991; Grist et al. 2002), which supports the suggestion that a relationship between large-

scale rising motion and the location of the EJ may occur. Grist et al. (2002) successfully 

applied the QG approximation to the African easterly jet (at 15N) with a Ro of about 

0.25. We found a similar Ro (~0.24) for the EJ core. With the northeastward shift of the 

EJ entrance region during the cloudbursts, the large-scale rising branch associated with 

the EJ entrance (north of the jet entrance) may have shifted northward closer to the Nepal 

Himalayas, playing a role in enhancing rising motion and in the anomalous rainfall during 

cloudbursts (discussed in sub-section 4.2.4). 

 

On the cloudburst day, the easterly and westerly jets were about 17 degrees apart, while 

in the climatology they are typically about 23 degrees apart. Both of these figures (Figure 

4.2a and Figure 4.2b) show that the entrance regions of both jets are co-located and closer 

to the Nepal Himalayas such that their rising branches are closer to the Nepal Himalayas. 

Thus co-location and closer proximity of the two jet entrance regions could create 

favorable conditions for large-scale ascent for the cloudbursts in the Nepal Himalayas.   

 

4.2.2 Surface Synoptic Conditions 

Figure 4.3 shows the evolution of the MSLP and surface wind from 2 days before to 2 

days after the cloudbursts. The left panel (figure 4.3a) depicts a northward shift (and 

intensification) of the monsoon trough towards the Himalayas from 2 days before the 

event to the day of the event. It is clear from Figure 4.3a that during the cloudburst day 



	 65	

and a day prior to the events, the MSLP is lower than 1000 hPa in the southern slopes of 

the Nepal Himalayas, while on 2 days before the event and after the event days, the 

MSLP is higher than 1000 hPa in this region. This figure also shows that the trough axis 

on the cloudburst day (0 day) is shifted northward towards the Himalayas (Figure 4.3a) 

compared to the climatological location (Figure 4.1c). Figure 4.3b (middle panel) 

presents the evolution of monsoon trough and surface with zoomed over Nepal region.  

Northward shift of monsoon trough towards Nepal is clearly evident in Figure 4.3b. This 

figure also shows the evolution of surface flow from easterly to southwesterly towards 

the Nepal Himalayas from two days before until the cloudburst day and returning to 

normal (climatological: black vectors) easterly flow afterwards. This southwesterly 

surface flow suggests that flow in the Nepal Himalayas is from the Arabian Sea during 

the cloudbursts (Figure 4.3b, blue vectors) in contrast to climatological conditions when 

the flow in the Nepal Himalayas is easterly from the Bay of Bengal (Figure 4.3b: black 

vectors).  
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Figure 4.3 Evolution of composite surface synoptic features from two days before (-2 
day) to two days after (+2 day) the cloudburst day. 0 day is cloudburst day. a) Surface 
total wind vectors, MSLP (magenta contours at 2 hPa interval; b) Comparison of the 
cloudburst surface wind (blue vector) with climatology (black vector) zoomed over 
Nepal, MSLP (magenta contours at 1 hPa interval); Gray shading in (a) and (b) represents 
area with topography > 2 km above sea level, black dashed line: climatological monsoon 
trough and cyan dashed line: cloudburst composite monsoon trough. c) Surface wind 
anomaly (vectors), MSLP anomaly (shading), 95% significant level (white contour); Gray 
thin contour: 2 km elevation above sea level. 
 



	 67	

Figure 4.3c (right panel) shows the evolution of negative MSLP anomaly over Tibet 

deepening and extending to the Nepal Himalayas from 2 days before until the cloudburst 

day (0 day) and weakening afterwards. Time evolution of surface pressure anomaly for 

this 5 day period was also examined (not shown here) and the anomaly is similar to the 

MSLP anomaly and thus justifies the use of MSLP in this case. The center of this 

negative anomaly over Nepal and Tibet is at 95% significant one day before and on the 

day of the events. It is noteworthy that the negative MSLP anomaly over the Nepal 

Himalayas and Tibet is situated east of the upper-level trough, suggesting westward tilt 

with height in the disturbances associated with cloudbursts. The negative MSLP anomaly 

over the Nepal Himalayas (and in Tibet) and the upper-level trough located north and 

slightly to the west of Nepal (Figure 4.2a and 4.2b) suggests the influence of the upper-

level trough in the formation of a surface disturbance in the Nepal Himalayas as 

discussed in the section 4.2.1. The northward shift of the monsoon trough to the foothills 

of the Himalayas might be associated with this surface low formation over the Himalayas 

due to the upper-level trough. It is noteworthy that a positive MSLP anomaly and 

anticyclonic wind anomaly is observed over central India (Figure 4.3c). The positive 

MSLP anomaly, perhaps, may have facilitated the southwesterly surface flow from the 

Arabian Sea towards the Himalayas (Figure 4.3a and 4.3b two days before and one day 

before cloudburst day) in contrast to the climatological westerly flow from the Arabian 

Sea in central India to the Bay of Bengal (Figure 4.1c). This anticyclonic surface wind 

anomaly over India during the cloudburst events likely led to low-level flow almost 

perpendicular to the Himalayas triggering the extreme precipitation. 

 

Figure 4.4 shows the evolution of monsoon trough and winds at 850 hPa isobaric level 

and also evolution of geopotential height anomaly at 850 hPa. The pattern of northward 
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shift of monsoon trough during the cloudburst at 850 hPa is similar to that in the MSLP 

level. 

 

Figure 4.4 Evolution of composite 850 hPa and surface synoptic features from two days before (-
2 day) to two days after (+2 day) the cloudburst day. 0 day is cloudburst day. a) 850 hPa total 
wind vectors, 850 hPa geopotential height (GPH)(magenta contours km; b) Comparison of the 
cloudburst 850 hPa wind (blue vector) with climatology (black vector) zoomed over Nepal, 850 
hPa GPH (magenta contours at 0.005km interval); Gray shading in (a) and (b) represents area 
with topography > 2 km above sea level and dashed line represents monsoon trough. c) Surface 
wind anomaly (vectors), surface pressure anomaly (shading), 95% significant level (white 
contour); Gray thin contour: 2 km elevation above sea level, 
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4.2.3 Upper-Level Potential Vorticity (PV) 

Figure 4.5a depicts the evolution of the tropopause fold and the associated upper-level PV 

anomaly during the five-day period. The vertical distribution of 1.5 PVU averaged 

between 85-86E longitudes shows a steeper tropopause fold extending towards the Nepal 

Himalayas during the cloudburst than in the climatological conditions. The 1 PVU 

surface has intruded below 300 hPa. It is noteworthy that some of the Nepalese 

Himalayan peaks are higher than 8 km, i.e., approximately 400 hPa. The steep tropopause 

fold is particularly evident for an individual cloudburst event (July 1993 cloudburst not 

shown here). The vertical distribution of PV anomaly (averaged between 85-86E 

longitudes) shows the positive upper-level PV anomaly, significant at 95% confidence 

level, two days before the event at 45N. This PV anomaly grows and shifts southward 

until the cloudburst day and retreats afterwards.  

 

The upper-level positive PV anomaly associated with the tropopause fold super-

positioning with the elevated topography could be an important factor in deepening the 

surface low and enhancing rising motion during the cloudbursts. A positive PV anomaly 

associated with a deep tropopause fold over high mountains appears to couple with the 

elevated topography and establish a favorable coherent environment for surface low 

deepening (Arreola et al. 2003). Massacand et al. (1998) suggested that the north-south 

oriented upper-level PV anomaly streamer, during heavy precipitation over the European 

Alps, produced favorable conditions by reducing static stability beneath the anomaly, 

setting up rising motion in the forward flank (southward) of the anomaly, and enhancing 

a moist southerly flow component towards the mountains. Similar dynamics might have 

played a role during the cloudbursts in the Nepal Himalayas, with an upper-level positive 

PV anomaly north of the elevated Himalayas and a surface low over the Nepal 
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Himalayas, encouraging strong rising motion over the southern slopes of the Himalayas. 

The elevated topography may play a critical role in producing a “wall effect” which leads 

to the surface convergence region associated with moist low-level air flow over the 

mountain slope (Homar et al. 2002).  

 

While above studies provide evidence of the association of upper-level PV anomaly and 

heavy precipitation in the mid-latitudes, the application of the quasi-geostrophic (QG) 

approximation in the subtropics may have significant error because of the low values of 

the vertical Coriolis parameter (f). However, the topography may make QG theory more 

applicable than it typically is at the latitudes in question.  Hoskins et al. (1985) discussed 

vertical extent (Rossby height) of the typical synoptic scale upper-level disturbance. At 

low latitudes, the vertical influence of a tropopause disturbance is smaller compared with 

the one in the mid-latitudes. The expected depth of the QG circulation in the low latitudes 

(<30N) tends to be too shallow to reach the surface, but high ground in the Himalayas 

may allow the upper-level trough and the PV anomaly to influence the surface circulation 

and the secondary circulation around the WJ to reach the surface. Therefore, it is possible 

that, even though the effective depth of the upper-level disturbance is shallow, the 

elevated topography of the Himalayas may provide a unique condition for the interaction 

of the upper-level PV anomaly with the surface low. Moreover, recent studies on the role 

of the upper-level PV anomaly on extreme events in the South Asian subtropics further 

support our analysis. For example, Hong et al. (2011) and Martius et al. (2013) attributed 

the forced orographic lifting of moist layer from the Arabian Sea to the upper-level PV 

anomaly during the July 2010 Pakistan flooding .  
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Figure 4.5: Vertical cross-section (averaged over 85-86E) showing evolution of 
composite PV anomaly and vertical velocity from two days before (-2 day) to two days 
after (+2 day) events. 0 day is cloudburst day. a) Potential vorticity (PV), shading: PV 
anomaly, yellow contour: 95% significance level of positive PV anomaly above 300 hPa, 
Thick magenta: 1.5 PVU surface and thin magenta: 1 PVU surface, Blue contour: 1.5 
PVU surface in climatology, b) Vertical velocity (shading), red contour: cloudburst 0.2 
Pa/s, green contour: climatological 0.2 Pa/s, Thick magenta: PV of 1.5 PVU surface and 
thin magenta: 1 PVU surface, Blue contour: 1.5PVU (PV climatology); Cyan contour: 30 
m/s jet cores (cloudburst), Black contour: 30 m/s jet cores (climatology), White shading 
represents topography. 
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4.2.4 Vertical Velocity 

The possible association of the five upper-level and surface cloudburst synoptic features 

with rising motion was discussed in Section 4.2.1-4.2.3. In this section, the evolution of 

vertical motion before, during and after the cloudburst event was examined. Figure 4.5b 

depicts the evolution of vertical velocity (averaged between 85-86E longitudes) from 2 

days before to 2 days after the cloudburst (red contour: 0.10 Pa/s) and WJ and EJ cores, 

along with the climatological (green contour: 0.10 Pa/s) vertical velocity and WJ and EJ 

cores. The magnitude of the vertical velocity does not represent the localized convective 

scale vertical velocity, which might be larger. Two days before the event the rising 

branch was stronger over the Tibetan Plateau and weaker over the southern slopes of the 

Himalayas compared to climatology. A stronger westerly jet was also visible on this day. 

One day before the cloudburst, the rising branch over Tibet and southern slopes of the 

Himalayas gained strength and another rising branch appeared south of the Himalayas. 

This strengthening and the expansion of rising branch coincided with southward shift of 

WJ and northward shift of EJ. On the cloudburst day, when the jets were closest to each 

other, the rising branches over the southern slopes of the Himalayas and south of the 

Himalayas were of maximum intensity. After the cloudburst day with the jets retreating to 

their climatological positions, the rising branch shrank. It is noteworthy that the rising 

branch south of the Himalayas moved southward with the EJ retreating southward.  

 

In addition, the strengthening pattern of the rising branch over the slopes of the 

Himalayas clearly coincided with the southward migration of the upper-level westerly 

trough (Figure 4.2a) and formation of low pressure over the Nepal Himalayas (Figure 

4.3a, Figure 4.3b and Figure 4.3c). The strongest vertical velocity on the cloudburst day 

(0day, Figure 4.5b) also coincided with the southern-most extension of upper-level 
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positive PV anomaly and deeper tropopause fold (Figure 4.5a). As discussed in section 

4.2.1 through 4.3, the evolution of upper-level disturbances, the surface disturbance and 

vertical velocity before, during and after the cloudburst suggested the association of these 

synoptic features during the cloudbursts in the Nepal Himalayas 

 

4.2.5 Significance of Synoptic Features 

Figure 4.6a through Figure 4.6f present the 15-day timeseries of five synoptic features 

and associated vertical motion of composite cloudburst events. These synoptic features 

are 200 hPa upper-level westerly trough, negative MSLP anomaly over Nepal, southward 

shift of westerly jet (200 hPa positive wind speed anomaly), northward shift of easterly 

jet (125 hPa positive wind speed anomaly) and upper-level positive PV anomaly on the 

cloudburst day and a day before. The locations and variables used to define these 

synoptic features and vertical motion are summarized in Table 2. The composite 

timeseries shows that the magnitudes of the anomalies of these 6 variables are larger than 

±0.5 standard deviations on the cloudburst day (0 day) and a day before the cloudburst (-1 

day), except for the PV anomaly. The positive PV anomaly is larger than + 0.5 standard 

deviation only on the cloudburst day. Before and after the cloudburst day, the anomalies 

of these variables are within ± 0.5 standard deviation.  
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Figure 4.6: Composite timeseries of synoptic features from 7 days before to 7 days after 
the cloudburst event.  Averaging regions are given in Table 2.  0 day is the cloudburst 
day. a) Westerly trough, 200 hPa negative geopotential anomaly; b) WJ shift, 200 hPa 
positive wind speed anomaly; c) EJ shift, 125 hPa wind speed anomaly; d) Monsoon 
trough shift, MSLP anomaly over Nepal; e) upper-level PV anomaly, 300 hPa PV 
anomaly; f) Rising motion, 850-400 hPa vertical velocity anomaly (Pa/s). Red lines from 
(a) through (f) represent ±0.5 standard deviation. 
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Table 2: Description of six synoptic features of cloudburst composite, timeseries of which 

are shown in Figure 4.8   

Synoptic Features Variables Used Region 

Westerly trough 200 hPa negative geopotential 
anomaly northwest of the Himalayas 

80.1-90E, 
35.4-40.3N 

Westerly jet shift 
(southward) 

200 hPa positve wind speed  anomaly 
north of Himalayas 

85-90E, 
30.535.4N 

Easterly  jet shift 
(northward) 

125 hPa positve wind speed  anomaly 
south of the Himalayas 

85-86.4E, 
17.8-22.1 

Monsoon trough shift 
(northward) negative MSLP anomaly over Nepal 83.6-85E, 

27-29.8N 

Upper-level positive 
PV anomaly 

mean 300-150 hPa positive PV 
anomaly north of the Himalayas 

85-85.7E, 
36.8-40.3N 

Rising motion mean 850-400hPa negative vertical 
velocity anomaly over Nepal 

85-85.7E, 
27.7-28.4N 

 

The fact that the anomalies of the variables are within ±1 standard deviation could be 

because these anomalies are composite timeseries. Therefore, we analyzed standard 

deviations of these anomalies for 10 individual cloudburst events. For each individual 

case, we picked locations where the ratio of anomaly to standard deviation was largest on 

the cloudburst day and these regions are tabulated in Table 3. As an example, timeseries 

of the five synoptic features and associated vertical motion for 1993 event are shown in 

Figure 4.7a through Figure 4.7f. We did same analysis for remaining 9 events and the 

standard deviation results for the 10 individual events are summarized in Table 4. 

Anomalies of the synoptic features for all the events, except for July 17 2003, are larger 

than ±1 standard deviation. Anomalies of these features during some cloudburst events 

are even larger than ±2 standard deviation. These results further demonstrate the 

significance of five synoptic features and vertical velocity observed during the 

cloudbursts. 
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Table 3: Description of six synoptic features of individual cloudburst events along with 
regions averaged, timeseries of which are shown in Figure 10 for the 1993 event 

Synoptic 
Features 

Westerly 
trough 

Westerly jet 
shift 

(southward) 

Easterly  jet 
shift 

(northward) 

Monsoon 
trough shift 
(northward) 

Upper-level 
positive PV 

anomaly 

Rising 
motion 

Variables 
Used 

200 hPa 
negative 

geopotential 
anomaly 

northwest of 
the 

Himalayas 

200 hPa 
positive 

wind speed  
anomaly 

north of the 
Himalayas 

125 hPa 
positive wind 

speed  
anomaly 

south of the 
Himalayas 

negative 
MSLP 

anomaly 
over Nepal 

300 hPa 
positive PV 

anomaly 
north of the 
Himalayas 

600 hPa 
negative 
vertical 
velocity 
anomaly 

over Nepal 

1986 74.5-76.6E, 
36.1-38.2N 

84.3-85E, 
33.3-34N 

82.2-87.1E, 
14.3-15N 

84.3-85E, 
34-34.5N 

80.1-82.2E, 
27.7-28.4N 

87.8-88.5E, 
28.4N 

1987 60.4-61.2E,  
30.5-31.2N 

77.3-78E, 
30.5-31.2N 

82.2-87.1E, 
17.1-18.5N 

81.5-82.2E, 
29.1N 

86.4-87.8E, 
27-28.4N 

84.3-85.7E, 
28.4N 

1990 84.3-86.4 E, 
44.6-42.6N 

84.3-85E, 
36.1-37.5 

80.1-82.2E, 
16.4-17.1N 

84.3-85.7E, 
30.5-31.2N 

85-86.4, 
32.6-33.3N 

84.3-85, 
28.4-29.8N 

1993 86.5-87.1E, 
36.1-38.2N 

83.6-86.4E, 
29.1-30.5N 

82.2-86.4E, 
16.4-17.1N 

85.7-86.4E, 
27.7-28.4N 

83.6-84.3, 
34-35.4 

87.8-88.8, 
27-29.8N 

1996 75.2-80.2E, 
38.2-39.6N 

82.2-84.3E, 
34-35.4N 

83.6-85E, 
17.1-18.5 

83.6-84.3E, 
33.3-34N 

87.1-88.5E, 
28.4-29.1N 

85.7-86.4E, 
27.728.4N 

2001 62.5-63.8E, 
48-49.4N 

86.4-87.1E, 
33.3-34.7N 

84.3-86.4E, 
19.2-20.7N 

82.9-83.6E, 
28.4-29.1N 

84.3-85E, 
34.7-35.4 

86.4-87.1E, 
27-29.1N 

2002 66-68.2E, 
34.7-35.5N 

74.5-75.2E, 
30.5-31.2N 

84.3-86.4E, 
16.4-17.1N 

83.6-85E,  
28.4-29.1N 

88.5-89.2E, 
31.9-32.6N 

84.3-85E, 
27-28.4N 

2003_1* 85-86.4E, 
42.4-43.8N 

79.4-80.1E, 
28.4-29.1 

85-87.1E, 
25.6-26.3N 

82.-83E, 
30.5-31.2N 

89.2-90E, 
26.3-27.7N 

84.3-85E, 
26.3-27N 

2003_2* 83.6-83.4E,  
41.7-42.4N 

83.6-84.3E, 
35.4-36.1 

78-80.1E, 
22.1-23.5N 

82.2-84.3E, 
29.8-30.5N 

84.3-85E, 
27.7-28.4n 

84.3-85E, 
27.7-28.4N 

2007 74.5-76.6E,  
40.3-41.7N 

79.4-83.4E, 
30.5-31.2N 

85-87.1E, 
18.5-19.2N 

84.3-86.4E, 
28.4-29.1N 

84.3-85E, 
34-35.4N 

84.3-85E, 
26.3-27N 

* 2003_1 is July 18, 2003 event and 2003_2 is July 31, 
2003 event 
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Figure 4.7: Timeseries of synoptic features for July 19-20 1993 cloudburst from 7 days 
before to 7 days after the cloudburst event: a) Westerly trough, 200 hPa negative 
geopotential anomaly; b) WJ shift, 200 hPa positive wind speed anomaly; c) EJ shift, 125 
hPa positive wind speed anomaly; d) Monsoon trough shift, negative MSLP anomaly 
over Nepal; e) upper-level PV anomaly, 300 hPa PV anomaly; f) Rising motion, 600 hPa 
negative vertical velocity anomaly. Red lines from (a) through (f) represent ±1 and ±2 
standard deviations. The list of the regions each of the variables is averaged over is in 
Table 3 
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Table 4: Status of anomalies of cloudbursts synoptic features compared to daily 
climatological standard deviations for the individual events. 

Synoptic 
Features Variables Used Greater than or 

equal to ±2σ 

Greater than or 
equal to ±1σ but 

less than ±2σ 

Less 
than or 
equal to 

±1σ 

Westerly trough 
200 hPa negative 
geopotential anomaly 
northwest of the Himalayas 

1986, 1987, 
1993, 2001 

1990, 1996, 2002 , 
2003_2*, 2007 2003_1* 

Westerly jet 
shift 
(southward) 

200 hPa positve wind speed 
anomaly north of the 
Himalayas 

1986, 1987, 
1990, 1993, 2002 
,2003_2 

1990, 2001, 2007 2003_1 

Easterly jet shift 
(northward) 

125 hPa positve wind speed 
anomaly south of the 
Himalayas 

  

1986, 1987, 1990, 
1993, 1996, 2001, 
2002, 2003_2, 
2007 

2003_1 

Monsoon trough 
shift 

negative MSLP anomaly 
over Nepal 

1987, 2002, 
2003_2 

1986, 1990, 1993, 
1996, 2001, 2007 2003_1 

Upper-level 
positive PV 
anomaly 

300 hPa positive PV 
anomaly north of the 
Himalayas 

1993, 1996, 2001  1987, 1990, 2002, 
2003_2, 2007 

1986, 
2003_1 

Rising motion negative vertical velocity 
anomaly over Nepal 

1986, 1987, 
1990, 1996 2002 
,2003_2 

1996, 2001, 2007 2003_1 

* 2003_1 is July 18, 2003 event and 2003_2 is July 31, 2003 event 

 

The synoptic scale conditions found associated with cloudbursts do not appear to be as 

rare as cloudbursts.  This suggests there are factors in addition to those captured by the 

composited analysis that are contributing to cloudbursts.  Nonetheless, our composite 

analysis is a first step in determining what type of synoptic conditions are conducive to 

cloudbursts and the extent to which these synoptic scale conditions are unusual.  This has 

not previously been done in the literature.   

 

4.3 Conceptual Model of Cloudburst Mechanism: Tropical-Extratropical 

Upon consideration of the composite analysis we found the combination of the following 

five upper-level and surface synoptic signatures during cloudburst events in central Nepal 

Himalayas: 1) an upper-level westerly trough intrusion towards the Nepal Himalayas, 2) 

entrance regions of westerly and easterly jet entrance regions come closer towards Nepal 

Himalayas, 3) an upper-level PV anomaly associated with a steep tropopause fold over 
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the Himalayas north of the cloudburst region and 4) the monsoon trough shifts northward 

towards the Himalayas. Along with these features, we also found larger than normal 

rising motion. 

 

The interaction of these synoptic features is shown in the conceptual diagram (Figure 

4.8). In this model we propose that the upper-level trough helped the development of the 

surface low pressure over the foothills of the Nepal Himalayas (Figure 4.8a). This might 

be the reason for the shift of monsoon trough towards the Nepal Himalayas during the 

cloudbursts. The surface low over the Himalayas promotes the direct convergence of 

moist flow from the Arabian Sea over the mountains and orographic uplift. In the 

meantime, the co-location of upper-level jets entrances, with the rising motion around 

each jet entrance coming nearer to the Nepal Himalayas might be another favorable factor 

for the large-scale rising motion over the cloudburst region (Figure 4.8b).  

 

The upper-level PV anomaly associated with the steep tropopause fold may have a 

critical role in further intensifying the surface low and promoting moist southerly flow to 

traverse over the southern slope of the Himalayas locally during the cloudbursts (Figure 

4.8c). Therefore, the favorable condition for deepening the surface low and enhancing 

rising motion during the cloudbursts in the Nepal Himalayas may be due to the 

combination of these five upper-level synoptic features interacting with the elevated 

topography. We would like to point out that despite the fact that the upper-level features 

(westerly jet entrance and PV anomaly associated with tropopause fold) are situated 

further north of the Nepal Himalayas, the interaction between these upper-level features 

in the north with the surface flow in the southern slopes of the Nepal Himalayas is 

possible. It is because the topography creates the wall effect leading to extreme rainfall 
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events due to the orographic uplift in this region. We speculate that in the absence of the 

topography, the influence of the upper-level disturbance might occur further north of the 

current location in the Nepal Himalayas. In contrast to conceptual models of the 

cloudbursts by the Das et al. (2006) and by Rassmussan and Houze (2012), the cloudburst 

in the Nepal Himalayas do not seem to be associated with the propagation of convective 

systems by upper-level wind but rather associated with the combined effect of deep 

upper-level trough, upper-level PV anomaly superimposed with the elevated topography 

and closer proximity of westerly and easterly jet entrance regions over the Nepal 

Himalayas 
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Figure 4.8: Conceptual diagram of interaction of synoptic features during cloudburst. a) 
Role of Upper-level trough in monsoon trough shift and moisture convergence towards 
the Nepal Himalayas; b) Role of Easterly and Westerly Jet shifts for enhanced vertical 
motion over the Nepal Himalayas; c) Upper-level PV anomaly associated with 
tropopause fold intensifying surface low and moisture convergence over the Nepal 
Himalayas. 
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In addition to the QG explanation, there is another potential explanation for the 

association of upper-level synoptic features with intense convection. A number of studies 

have shown relationship between the upper-level inertial instability with the meso-scale 

convective systems (Emanuel 1980, 1982; Mecikalski and Tripoli 2003; Rappin et al. 

2011; Blanchard et al. 1998). For example, Blanchard et al. (1998) discusses the role of 

weak or unstable inertial stability in enhancing deep convective circulations equatorward 

of the WJ wind maxima where anticyclonic shear is large. Rappin et al. (2011) provide a 

similar argument about the role of the weak inertial stability in the equatorward side of 

the WJ on the intensification of the tropical storms or convective storms, by providing 

lower resistance to the outflow from these convective storms. From angular momentum 

conservation theory, an increase in angular momentum with latitude poses a horizontal 

constraint to the flow moving northward. This positive angular momentum in the 

northward direction represents strong inertial stability (Randall 2015, pp 177:178). The 

anticyclonic shear weakens the inertial stability by counteracting the planetary vorticity 

(Randall 2015, pp 178). The presence of strong westerly jet shows the strong anticyclonic 

shear in the equatorward side of the westerly jet and weak inertial stability. This makes it 

easier for outflow from convection to move northward, enhancing the storm. An 

appearance of a stronger and southwesterly jet (than climatology) over the Nepal 

Himalayas might have played similar role in providing weak inertial stability and 

supporting intensive cloudburst events. 

 

The westerly jet with a slight southwesterly component can be seen east of the trough in 

Figure 4.2b (0 day).  Near the surface, during cloudbursts, there is anomalous flow from 

the Arabian Sea (Figure 4.3c).  The overall flow into Nepal comes from the Arabian Sea 

and is almost perpendicular to the orography (Figure 4.3b, Figure 4.4b), contrasting with 
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what is seen during climatological conditions (Figure 4.1d).  These synoptic features are 

conceptualized in Figure 4.8b.  Together the upper-level jet and anomalous low-level 

flow resemble the conditions for events known as PREs (Predecessor Rain Events) 

(Galarneau et al. 2010; Bosart et al. 2012) which are heavy rainfall events occurring 

ahead of tropical cyclones in the US. There is a particular resemblance to the 

southwesterly jet (SJ) category described by Moore et al. (2013), which occur due to the 

poleward advection of a deep moist layer established by the tropical cyclones in the Gulf 

of Mexico/Atlantic Ocean off the coast of Florida, and in the presence of a surface lifting 

mechanism, such as fronts, convergence or orographic regions.  The SJ type PREs occur 

near an equatorward jet entrance region (Moore et al. 2013). Over the Nepal Himalayas, 

during cloudbursts, orographic lifting and the equatorward entrance region of the westerly 

jet may provide a favorable synoptic mechanism during the cloudbursts that is similar to 

what occurs during the SJ type PREs, with the Himalayas providing an orographic 

forcing barrier and the monsoonal flow from the Arabian sea representing the role of 

tropical cyclones in advecting low level moisture. This similarity suggests the tropical-

extratropical interaction associated to upper-level inertial instability during the cloudburst 

events. 

 

Previous studies have also shown a tropical-extratropical interaction due to the intrusion 

of mid-latitude troughs into the tropics 9e. g. Kiladis and Weickmann 1992a; Ding and 

Wang 2007; Knippertz 2007, Hong et al. 2011). These studies showed that the intrusion 

of eastward moving upper-level troughs originated in the extratropics can trigger 

convection in the tropics, supporting our results. While it appears, from the above 

discussion, that the combined forcing from two jets and upper-level disturbances might 

have produced the enhanced rising motion, triggering favorable condition for the 



	 84	

cloudbursts, it is also possible that the strong convection during the cloudburst might 

have caused the WJ to shift southward. Causality cannot be definitively established in a 

composite study.   

 

While this chapter identifies the favorable synoptic conditions that suggests tropical-

extratropical interaction during the cloudbursts, a question what triggers this favorable 

condition still remains. The influences of tropical heating on the mid-latitude weather 

have been discussed in the number of studies (e.g., Sardeshmukh and Hoskins 1988; 

Kiladis and Weickmann 1992b). They showed that tropical convection generates a 

Rossby wave train poleward of the convective heating source. This might cause the WJ to 

shift southward. Examination of if tropical heating could be a precursor that triggers 

Rossby waves which may even make favorable conditions for the cloudbursts is one the 

objectives of this study and is discussed in Chapter 5. 
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Chapter 5 

Tropical-Extratropical Interaction Mechanism during Cloudburst 

This chapter focuses on two major hypothesis of this study. First, it examines the 

Hypothesis 2 that the tropical-extratropical interaction is stronger during the cloudbursts. 

Second, it tests the Hypothesis 3 that the role of tropical heating as a triggering factor that 

leads to a process that contributes to the extratropical-tropical interaction during the 

cloudburst mechanism in the Himalayas.  

 

5.1 Northward Tropical-Extratropical Interaction  

5.1.1 Local Hadley Cell Strength 

Figure 5.1a compares the mean meridional circulation of the cloudburst day (right panel) 

with the climatology (left panel) averaged for 5 longitudinal zones from east to west 

[zone-1 (90E-100E), zone-2 (80E-90E), zone-3 (70E-80E), zone-4 (60E-70E) and zone-5 

(20E-60E)]. Nepal Himalayas is located in zone-2. In the eastern two zones (zone-1 and 

zone-2) the northern meridional cells are stronger during the cloudburst events than 

climatology. In both eastern zones the extent of the northern cells is larger than 

climatology. In these two eastern zones, the southern cell breaks into two cells during 

cloudburst events: a local cell and cross-equatorial cell. This local cell has rising branch 

over the southern slopes of the Himalayas and descending branch spread between 10N 

and 20N. Climatologically, the southern cell is single and is inter-hemispheric with wide 

rising branch spreading between equator and 30N and descending branch in the southern 

hemisphere in these longitudes (Figure 5.1a left panel, zone-1 and zone-2). Nevertheless, 

both southern cells during cloudbursts are stronger than the climatology.  In zone-3, the 

northern cell seems to be similar in magnitude in the upper-level but its width shrank to 

40N during cloudburst in contrast to 45N for the climatology. This shrink seems to be due 
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the southward extension of extratropical indirect cell. In zone-4, the extratropical cell is 

stronger than climatology.  In zone-5, the northern mean meridional cell is weaker than 

climatology. This is in contrary to the stronger northern cells in previous 4 zones between 

60E-100E. The upper-level meridional wind also showed stronger northerly wind in the 

northern tropical cells in zones 1, 2 3, and 4 and weaker northerly wind in zone-5 and this 

is in the consistent with the strength of these cells. In other words more northward flow 

east of 60E and more southward flow west of 60E. These results on the mean meridional 

cells suggest that between 80-100E, northern local Hadley cell is stronger during the 

cloudbursts than the climatology while between 20-60E, northern local Hadley cell is 

weaker than climatology.  
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Figure 5.1a: Mean meridional streamfunction (1011 Kg/s) at 5 longitudinal zones. Left 
panel: Climatology; Right panel: Cloudburst composite. Gray contour (blue shading): 
anticlockwise circulation, black contour (orange shading): clockwise circulation; Red 
contour: streamfunction 0; Green contour: northerly wind (m/s); Magenta: southerly wind 
(m/s); Purple with white mask: mountains 
 

5.1.2 Momentum Transport by Mean Meridional Circulation (Local Hadley Cell) 

Figure 5.1b shows the comparison of the northward transport of westerly momentum by 

the mean meridional circulation between climatology (left panel) and cloudburst events 
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(right panel) at above mentioned five zones along the Himalayas. In the zone-1, the 

northward transport of momentum from 15S-30N is higher during the cloudburst events 

than the climatology. In zone-2, the mean circulation transports momentum northward 

from 15S to 50N and this transport is much higher than the climatology. In zone-1 and 

zone-2, the northward westerly momentum flux by northern Hadley cell exceeds the 

climatology. In zone-3, northward transport is from 30N-45N and is higher during the 

cloudburst than climatology. Noticeably, in zone- 4 southward transport of westerly 

momentum by tropical cell and by extratropical cell is higher during cloudburst events 

than the climatology. In zone- 5, northward transport is limited to the descending branch 

and from 30N-50N and is weaker than the climatology. The northward flux of westerly 

momentum by mean meridional circulation is higher in the eastern three zones and 

southward flux of westerly momentum by mean meridional circulation is higher in the 

remaining two western zones during the cloudburst than the climatology. 
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Figure 5.1b: Northward transport of westerly momentum by mean meridional circulation 
at 5 longitudinal zones (Shading in m2 s-2: Blue is southward <-50 m2 s-2 and red is 
northward transport >50 m2 s-2t). Left panel: Climatology; Right panel: Cloudburst 
composite. Gray contour: anticlockwise streamfunction cell (1011 Kg/s), black contour: 
clockwise streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green contour: 
Easterly and Westerly Jets (m/s). Purple with white mask: mountains 
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5.1.3 Momentum Transport by Transient Eddies 

Figure 5.1c shows the northward transport of westerly momentum by transient eddies at 

above-mentioned five zones for climatology (left panel) and for cloudburst composite 

(right panel).  In zone-1 and zone-3 northward transports of westerly momentum by 

transient eddies in the upper-level branch of northern cell are higher during the cloudburst 

events than during the climatology. In zone-2 the northward transport is similar in 

magnitude for the cloudbursts and the climatology. It is noteworthy that zone-2 is 

longitudes along Nepal where cloudbursts were selected and in this zone the local 

northern Hadley cell is strongest and northward transport of momentum is maximum 

compared with other zones. In zone-4 and zone-5, there are no northward transport of 

momentum by transient eddies. It is also noteworthy that, in the northern hemisphere, the 

northward transport of momentum by mean meridional cell is larger than by the transient 

eddies both during cloudburst events and climatology. The northward transport of 

westerly momentum by transient eddies is mainly active in zone-1 (immediately east of 

Nepal) and zone-2 (immediately west of Nepal) during the cloudburst than the 

climatology. 

 



	 91	

 

Figure 5.1c: Northward transport of westerly momentum by transient eddies at 5 
longitudinal zones (Shading in m2 s-2: Blue is southward <-50 m2 s-2and red is northward 
transport >50 m2 s-2). Left panel: Climatology; Right panel: Cloudburst composite. Gray 
contour: anticlockwise streamfunction cell (1011 Kg/s), black contour: clockwise 
streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green contour: Easterly 
and Westerly Jets (m/s). Purple with white mask: mountains 
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5.1.4 Momentum Transport by Stationary Eddies 

Figure 5.1d shows the northward transport of westerly momentum by the stationary 

eddies for climatology (left panel) and cloudburst events (right panel) in the above-

mentioned 5 zones. It is noteworthy that the magnitude of momentum transport by 

stationary eddies is an order smaller than by the mean circulation and transient eddies. In 

zone-1, zone-2 and zone-3, the northward transport of moment upper branch of the 

northern cell is stronger during cloudbursts than during climatology. In zone-4, the 

magnitude is similar during cloudburst events and climatology. In zone-5 the northward 

transport is weaker during cloudburst events than the climatology.  
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Figure 5.1d: Northward transport of westerly momentum by stationary eddies at 5 
longitudinal zones (Shading in m2 s-2: Blue is southward and red is northward transport). 
Left panel: Climatology; Right panel: Cloudburst composite. Gray contour: anticlockwise 
streamfunction cell (1011 Kg/s), black contour: clockwise streamfunction cell (1011 Kg/s), 
Red contour: 0 streamfunction; Green contour: Easterly and Westerly Jets (m/s). Purple 
with white mask: mountains 
 

5.1.5 Momentum Flux Divergence by Transient Eddies 

Figure 5.1e depicts the horizontal flux divergence of momentum by the transient eddies 

for climatology (left panel) and cloudburst events (right panel) above mentioned five 
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zones. In zone-1, the flux divergence in rising branch of northern cells (30N-40N, south 

of westerly jet) is stronger during cloudbursts than during climatology. But in zone-2 

(longitudes of Nepal) the flux divergence during the cloudburst is not significantly 

different from the climatology. In zone-3, flux divergence and convergence south of 

westerly jet is higher during the cloudbursts than the climatology.   In zone 4 and 5 flux 

divergence south of westerly jet in climatology is replaced by the flux convergence 

during cloudbursts. It is interesting to note that flux divergence by eddies is much smaller 

during cloudburst events than climatology in the southern hemisphere. The flux pattern in 

various zones suggests that the mid-latitudinal eddies seem to effect east of 90E and west 

of 80E and has little effect in the zone between 80-90E along the Nepal Himalayas during 

cloudburst events. Bordoni and Schneider (2008) showed that the increase in divergence 

of momentum flux due to transient eddies strengthen the Hadley cell. Based on their 

findings and the flux divergence pattern in Figure 5.1e and the strength of Hadley cells in 

Figure 5.1a, it seems that eddy strengthens the Hadley cell east of 90E and weakens the 

Hadley cell to the west of 80E while having little effect between 80E-90E. 

 

In summary, above results clearly showed enhanced northern Hadley cells and transport 

of westerly momentum by mean circulation between 80-90E (Nepal Himalayas) during 

the cloudbursts. While strong northern Hadley cell east of 90E seems to be the positive 

affect of transient eddies and weak northern Hadley cell west of 80E seems to be the 

negative affect of transient eddies as suggested by Bordoni and Schneider (2008). 
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Figure 5.1e: Divergence of momentum flux divergence by transient eddies (Shading ms-2: 
green is convergence and magenta is divergence). Left panel: climatology; Right panel: 
cloudburst composite. Gray contour: anticlockwise streamfunction cell (1011 Kg/s), black 
contour: clockwise streamfunction cell (1011 Kg/s), Red contour: 0 streamfunction; Green 
contour: Easterly and Westerly Jets (m/s). Purple with white mask: mountains 
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5.2 Force Balance Analysis on Tropical-Extratropical Interactions during the 

Cloudbursts: Pressure Gradient verses Inertial Forces 

Climatologically, the northern mean meridional circulation cells during the South Asian 

(longitudes 50-120E) monsoon (Jul-Aug) season are weaker than the southern cells. 

However, the results presented in Section 5.1 showed stronger northern mean meridional 

cell during the cloudbursts east of 80E in the cloudburst longitudes. A stronger northern 

cell could either be due to the stronger poleward (northward) pressure gradient force or 

weaker inertial stability or due to both. This Section presents the upper-level force 

balance analysis in the northern cell compared that with in the southern cell during the 

cloudbursts.  This Section compares of horizontal Montgomery streamfunction gradient 

(MSG) given by −∇!𝜓!, and inertial force given by [− ƒ+ ς 𝑘𝑥𝒖] in the north and 

south of the Nepal Himalayas from the following horizontal momentum equation in the 

lamb vector form (ignoring kinetic energy gradient terms).  

𝑑𝑢
𝑑𝑡

= −∇!𝜓! − ƒ + ς 𝑘𝑥𝒖 

Figure 5.2a and 5.2b showed climatology of Montgomery streamfunction gradient (MSG) 

and inertial force term at 370K. Approximately around 30N, both the terms approaches to 

zero across all the longitudes. North of 30N, MSG is positive (which means PGF is 

northward) while inertial force is negative (inertial force is southward). South of 30N, 

MSG is negative and inertial term is positive. Inertial term (-4x10-3) is stronger than MSG 

(3.5x10-3) north of 30N while both of them is of same magnitude with different signs in 

the south of 30N.  

.  
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Figure 5.2a: Zonal cross section of Montgomery streamfunction gradient (MSG) at 370K 
for climatology (Shading). Black contours: Westerly and Easterly Jets. Red Contour: 0 
MSG.     
 

 

Figure 5.2b: Zonal cross section of climatological inertial terms [(ƒ+ς)𝒖] at 370K 
(Shading). Black contours: Westerly and Easterly Jets. Red Contour: 0 Inertial 
term !∇!!!

[(ƒ!!)𝒖 . 
 

Figure 5.2c shows the force balance ratio (FB-ratio), an absolute value of the ratio of 

Montgomery streamfunction gradient to inertial force term at 370K level, for the 

climatology. This ratio, greater than 1 suggests that acceleration due to pressure gradient 

x10-3	

x10-3	
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force exceeds the acceleration due to the inertial forces. For FB-ratio greater than 1, 

Figure 5.2a suggests that north of 30N is the acceleration is poleward and south of 30N is 

equatorward.  Between 15N and 30N and between 30N and 40N, this parameter is greater 

than 1, which suggests that pressure gradient force exceeds inertial force. This suggests 

that the resulting meridional flow each side of 30N is due to the PGF. It is noteworthy 

that between 80E and 100E this parameter is slightly greater in the equatorward side of 

30N than poleward side, indicating stronger southward mean meridional circulation than 

northward. This is consistent with the extent and strength of southern cell and northward 

transport of momentum in zone-1 and zone-2 (Figure 5.1a-c left panel). West of 80E, this 

parameter is much larger in poleward side than equatorward side of 30 N, suggesting 

stronger northern cell than southern cell. This is consistent with wider northern Hadley 

cell and northward transport of momentum (Figure 5.1a-c, left panel) 

 
Figure 5.2c: Zonal cross section of climatology of force balance ratio (FB-ratio) at 370K 

(Shading). White contour: FB-ratio=1. Westerly and Easterly Jets 
 

Figure 5.2d shows a latitudinal variation of the force balance ratio averaged for the cross-

sections 80-90E and 90-100E for climatology. This parameter is slightly larger in the 

equatorward side than poleward side of 30N at the zone 80:90E and much higher at 90-
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100E, suggesting climatologically more flow in the equatorward than poleward of 30N 

along this longitudes. This is consisted with the strength of the Hadley cell along the zone 

80-100E.  

  
Figure 5.2d: Climatology of meridional variation force balance ratio (FB-ratio) at 370K 

for mean 80:90E and mean 90:100E.  
 

Figure 5.2e shows the time evolution (at 2 day interval) of the FB-ratio at 370K for the 

cloudburst composite. North of 30N, on -6day, FB-ratio is much higher than 1 and 

uniformly spread longitudinally west of 80E, while this ratio is <1 to~1.5 south of 30N in 

these longitudes. This pattern is similar to the climatology. On -4day, north of 30N FB-

ratio >3.5 concentrates in two regions, between 20-40E and 70-80E, near the westerly jet 

entrances. In these two regions this ratio is higher north of 30N than at the south. This 

ratio >1.5 extends eastward to 100E and in this region the ratio is almost of same 

magnitude in both sides of 30N. From -6 day to-4day, east of 80E this ratio is greater 

equatorward (2.5-3) than poleward (1-2), similar to the climatology. Interestingly, on -

2day, this ratio increases north of 30N significantly than at south along 80E to 90E. It is 

noteworthy that Nepal extends between 80E and90E. On cloudburst day (0day) this ratio 

is much higher north of 30N than equatorward side, indicating higher pressure gradient 
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force and weaker inertial stability northward compare to equatorward between 80-100E. 

By +4 day the spatial pattern of the FB-ratio returns close to the normal as in climatology. 

This evolution of FB-ratio clearly implies that during the cloudburst pressure gradient 

force is higher and inertial stability is weaker poleward than equatorward of the Nepal 

Himalayas.  

 
Figure 5.2e: Zonal cross section of time evolution of force balance ratio at 370K for 

cloudburst composites (shading) from -6day to +6day. 0day is the cloudburst day. 
White contour: FB-ratio=1. Westerly and Easterly Jets 
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Figure 5.2f shows the latitudinal variation of FB-ratio averaged over the longitudes of 

Nepal Himalayas for the cloudburst composite. This figure clearly shows the large force 

balance ratio north of 30N than to the south, indicating higher resultant flow towards 

north than equatorward during the cloudbursts. This parameter during the cloudburst is 4 

times higher than climatological values (Figure 5.2d) north of 30N and half the 

climatological value south of 30N. This analysis shows that in the upper-level flow has 

northward tendency during cloudburst events than during the climatology due to force 

imbalance. 

 
Figure 5.2f : Meridional variation force balance ratio (FB-ratio) at 370K for cloudburst 

composites averaged for longitudes 80:90E and mean 90:100E. 
 

 

5.3 Upper-level Force Balance Analysis: Role of Weak Inertial Stability on 

Cloudburst Mechanism 

This Section presents role of weak inertial force due to the non-linear terms of 

momentum equation. Figure 5.3a shows the climatology of force balance parameter (α) at 

370K isentropic level as described in Chapter 3, section 3.5.3a. The α is positive in the 

entire region, with close to zero values at low latitudes. This means climatologically, 
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upper atmosphere tends to remain inertially stable. 

 
Figure 5.3a: Climatological pattern of α =[(Q2-A2-B2-D2-2β*u)x0.5 ]in 10-9s-2 at 370K 
given by Eq. 5, Chapter 3. (α is equivalent to inertial frequency) 
 

Figure 5.3b shows time evolution of α at 370K for cloudburst composites. The figure 

clearly shows increase in area and magnitude of negative value of α north of the Nepal 

Himalayas from +6day to maximum negative value on the cloudburst day (0day) and the 

decreases after the event. This time evolution suggests that the non-linear terms weakens 

the inertial force and negative value grows as imbalance increases until the cloudburst 

day, leading increased northward flow on cloudburst day and then after the event the flow 

slowly adjusts and becomes balance. This shows the mechanism of the weakening inertial 

stability due to non-linear terms, leading to the force imbalance and thus tropical-

extratropical interaction during the cloudburst. This type of analysis has not been done for 

the tropical-extratropical interaction in previous studies. 
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Figure 5.3b: Time evolution of α ([(Q2-A2-B2-D2-2β*u) x 0.5] in s-2 at 370K given by 

Eq. 5, Chapter 3. α is equivalent to inertial frequency) at two-day interval from -6day 
to +4day for the cloudburst composite (shading). Green contours: Easterly and 
Westerly Jets (m/s) 

 

5.4 Role of Tropical Heating and Eddy Shedding in Triggering Favorable 
Condition for the Cloudbursts 
 

Figure 5.4a shows the climatology of the locations of upper tropospheric heating (due to 

latent heating of monsoon rain represented by low OLR minima), lower tropospheric 
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low-pressure center northwest of the heating center and upper-level anticyclone 

(Montgomery streamfunction high) aloft surface low-pressure system. This set-up is 

identical to the dynamic response of off-equator tropical heating (Gill, 1980). The figure 

also depicts the upper-level low potential vorticity (PV) coincided with the upper-level 

anticyclone and elevated tropical tropopause.  Figure 5.4b depicts the location of vertical 

motion at 500hpa and wind pattern at 370K isentropic level. It is interesting to note that 

strong upward motion center over the Bay of Bengal coincided with the low OLR, a 

heating center. The rising motion also coincided with right side of the EJ entrance region. 

Another rising motion center is over the southern slopes of the Himalayas (central and 

eastern parts), which seems be the effect of the topography.  The subsidence at 500hPa 

coincided with the exit region of EJ and the first WJ core. It is interesting to note that 

East of 80E the flow in the upper-level is northerly equatorward from the 45N. Between 

70-80E flow is slightly southerly north of 10N and between 60-70E flow is slightly 

northerly north of 25N, while west of 80E flow is southerly.  
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Figure 5.4a: Dynamic response of tropical heating (Jul-Aug) climatology. Green 

contours: OLR minima (190-200 w/m2) representing tropical heating; Purple contours: 
Montgomery Streamfunction high at 370K; Blue contours: monsoon trough (low 
pressure) at 850 hPa; Black contours: Easterly and Westerly Jets; Shading: PV in 
PVU; Yellow contour: 1.5 PVU; White contour: 2 PVU. 

 
 

 
Figure 5.4b: Jul-Aug Climatology of 500 hPa vertical velocity (Shading), 370K wind 

vectors and Montgomery Stream function high (Purple contours). Cyan contour 
maximum rising motion centers 
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Figure 5.4c-d shows the time evolution of dynamic response of tropical heating and 

westward eddy shedding process from –7day before the cloudburst to +5day after the 

event. Because this figure is a composite of the ten cloudburst events, the eddy shedding 

mechanism in this figure is not as observable as in the individual case. In this figure the 

eddy shedding process is represented by the westward expansion of high Montgomery 

streamfunction center and westward movement of low PV eddies between 20N and 30N. 

On -7day negative OLR anomaly (-10 to -20w/m2) is centered at 20N near the east coast 

of China (110E) and 850 hPa low-pressure center and upper-level high center is located 

northwest of this heating center (negative OLR anomaly). This dynamical setup is similar 

to the climatology (Figure 5.4a), except the OLR minima extended slightly eastward. On 

-6 day, negative OLR anomaly is lowest (-30w/m2) and is centered at 25N and remained 

at this latitude till -2 day before the event.  This shows that the OLR minima center 

extended northward compared with the climatological location (Figure 5.4a).  

Significance tests reveal this center has minimal significance against climatology, and so 

we cannot conclude that this event is a necessary condition for all cloudbursts.  

Nevertheless, a region of deep convection is indicated north and east of Nepal in the 

composited analysis and so we assert that it may be one of several mechanisms that when 

occurring in the presence of other significant synoptic conditions, may set in motion 

dynamical processes described below, that can trigger the diversion of the low – level 

monsoon flow and  ultimately cloudbursts. 

 

The formation of low-level low-pressure and upper-level high-pressure northwest of this 

negative OLR anomaly suggests a dynamic response to the heating from this negative 

OLR anomaly. The eastward extension of eastern part of the upper-level high-pressure 

center is also consisted with this dynamic response. Till -5day, this high-pressure center 
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expanded eastward. From -4day to -2day the negative OLR anomaly (heating center) 

slightly weakens and shifts westward. This westward shift of negative OLR anomaly 

seems to be associated with formation of low-level low-pressure center as a dynamic 

response to the heating of -6day to -5day. From -4day, the upper-level high-pressure 

center extends westward and 850 hPa monsoon trough also retracted westward from the 

Bay of Bengal. This westward migration of upper-level high center is the eddy shedding 

process as explained by Hsu and Plumb (2000).  According to the authors, this process 

occurs to overcome the violation of the vorticity constraint in the presence of divergence 

from the heating force.  The upper-level high-pressure center extends up to 20E by -1day 

(Figure 5.4d). On –1day, negative OLR anomaly center at 25N vanishes and appears at 

10N and 110E. On the cloudburst day (0day) the upper-level high-pressure center 

squeezes and can be seen only over its climatological position. A wavy westerly jet can 

be seen as the upper-level high-pressure center started extending westward since -5day.  

From +1 day the upper-level high-pressure center seems to be weakening and by +4day 

this high-pressure maxima vanishes. The monsoon trough also seems to be modulated 

during this eddy shedding process. This trough shifts northward since -2day till +2day 

and weakens there after.   
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Figure 5.4c: Time evolution showing westward eddy shedding process of upper-level 
high in response to tropical heating for the cloudburst composite from -7day to -2day.  
Green contours: negative OLR anomaly (-10  to -30w/m2) representing tropical heating; 
Purple contours: Montgomery Streamfunction high at 370K; Blue contours: monsoon 
trough (low pressure) at 850 hPa; Black contours: Easterly and Westerly Jets; Shading: 
PV in PVU; Yellow contour: 1.5 PVU; White contour: 2 PVU. Continuation in next 
figure. 
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Figure 5.4d: Continuation of Figure 5.4c.Time evolution showing westward eddy 

shedding process of upper-level high in response to tropical heating for the cloudburst 
composite from -1day to +4day. Green contours: negative OLR anomaly (-10  to -
30w/m2) representing tropical heating; Purple contours: Montgomery Streamfunction 
high at 370K; Blue contours: monsoon trough (low pressure) at 850 hPa; Black 
contours: Easterly and Westerly Jets; Shading: PV in PVU; Yellow contour: 1.5 PVU; 
White contour: 2 PVU 

 

Another important feature of the eddy shedding process is the modulation of upper-level 

low PV pattern as explained by Hsu and Plumb (2000). Figure 5.4e shows the time 

evolution of westward and northward propagation of low PV (less than 1.5PVU) and 
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wind vectors at 370K, associated with the eddy shedding process. According to Hsu and 

Plumb (2000), the transient eddies, formed as a result of unsteady condition generated by 

divergence are the agents of westward propagation of low PV. These transient eddies, by 

balancing unsteady term (as given by Eq 3 in chapter 2), help to meet the constraint 

expressed in Eq. (4) in Chapter 2. On -7day area occupied by low PV is lowest and 

centered at 30N and 60E. On -6day a new low PV minimum developed, centered at 

around 27N & 80E. On -5day, the lowest PV is centered at 25N70E. This low PV of -

7day and -5day seems to be the response of heating force as shown by Hsu and Plumb 

(2000) that forms west or southwest of heating forcing. The low PV minimum of -5day is 

slightly west of low PV minima of -6day, which shows process of westward eddy 

shedding process. On -4day, this low PV minima seems to be advected in two directions: 

northward and westward. The northward branch seems to associated with the northerly 

flow due to the development of anticyclonic eddy at around 30N, 80E as a dynamic 

response of monsoonal heating and on -3day. This anticyclone pattern is similar to the 

eddy shedding pattern shown by Hsu and Plumb (2000) for the heating force is between 

subtropics and near-equator and high beta parameter (Figure 2.15, chapter 2). As this low 

PV reaches north of 35N, it seems to be caught by westerly flow. The westward branch of 

low PV on –4day seems to be associated with the westward eddy shedding process as 

explained by Hsu and Plumb (2000). By -3day, as this westward propagating low PV 

stream caught by the northerly flow (at 40N) of the Asian anticyclone (Tibetan High) and 

the low PV propagates northward.  This two northward propagating low PV streams, at 

40E and 70E, seems to squeeze a high PV stream in between and could be the initiation 

of southward movement of extratropical trough.  
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Figure 5.4e: Time evolution showing westward eddy shedding process of upper-level low 
PV (1.5 PVU) and wind vectors at 370K in response to tropical heating for the cloudburst 
composite from -7 day to +4day Shading: PV in PVU; Yellow contour: 1.5 PVU; White 
contour: 2 PVU;  Purple contours: Montgomery Streamfunction high at 370K; Blue 
contours: monsoon trough (low pressure) at 850 hPa;  
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On -2day, the low PV stream at 40E caught by the westerly flow and seems to move 

eastward at 35N, while low PV stream at 70E, still fed by low PV from low latitude. 

Though low PV minima at 70E and 35N on -2days spreads eastward, low PV at this 

location seems stationary while the low PV at 40E seems to propagate eastward, 

producing deep high PV stream from mid-latitudes in between 40E and 70E. On -1day at 

35N, the western low PV minima reaches 30E while eastern low PV minima remains 

stationary at 70E and spreading low PV eastward north of 30N. In the meantime another 

high PV stream moved southward by the southerly flow in the eastern flank of the upper-

level high. This high PV stream is caught by easterly flow and moves westward 

(northwestward). On the cloudburst day (0day) at 35N, the western PV minima reaches 

50E, which deepens the trough with high PV east of this low PV minima at 70E. On this 

day, low PV is minimum north of 30N and maximum south of 30N between 80E and 90E 

(Nepal Himalayas). The low PV seems to occupy large area on +1day and +2day and 

then start shrinking reaching again to the pattern similar to the initial (-7day) or 

climatological stage. 

 

5.5 Discussion: Potential Association of Tropical Heating with the Favorable 

Synoptic Conditions for the Cloudbursts through Eddy Shedding Process  

Hsu and Plumb (2000) showed how latitudinal variation in the location of heating forcing 

can produce different patterns of eddy shedding in the upper-level anticyclones. 

According to them when heating function in higher latitude the eddy shedding process 

produce westerly wave with southward intrusion of deep trough while the heating source 

in lower latitude produce westward-elongated high-pressure center and low PV stream. In 

the cloudburst cases, the negative OLR anomaly representing monsoonal heating function 

is at around 25N, which is at higher latitude than the climatological position of OLR 
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minima at 15N from 6 days before the event till 4 days before the event. The results of 

eddy shedding processes and the westerly wave pattern in association with negative OLR 

anomaly at 25N discussed in section 5.4 is consistent with the results on the eddy 

shedding (westward movement of upper-level high center and low PV centers) process 

and wave pattern for the heating source between equator and subtropics in Hsu and 

Plumb (2000).  

 

Figure 5.5 shows the low PV, upper-level high and lower-level low pattern on cloudburst 

day. Low PV north of the Nepal Himalayas and high PV south of the Nepal Himalayas 

are consisted with the flow pattern generated by eddy shedding process. This suggests 

that eddy-shedding process is the mechanism that is associated with the weakening the 

inertial constraint north of the Nepal Himalayas by bringing low PV here and 

strengthening the inertial constraint in the south of the Nepal Himalayas by advecting 

high PV. It appears that eddy-shedding process seems to play two roles in the tropical-

extratropical interaction during the cloudburst events. First, this process seems to be 

associated with southward intrusion of deep trough and PV anomaly over the Nepal 

Himalayas intensifying pre-existed monsoon trough in the lower-level. Second, this eddy 

shedding process by weakening the inertial constraint north of the Himalayas and 

strengthening the inertial constraint south of the Himalayas was able to enhance 

northward tropical-extratropical interaction.  The force imbalance north of the Nepal 

Himalayas appears to be associated with this low PV advection of the eddy shedding 

process. 
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Figure 5.5: Snapshot ( 0 day cloudburst composite ) of westward eddy shedding process of 

upper-level low PV (1.5 PVU) at 370K in response to tropical heating. Shading: PV in 
PVU; Yellow contour: 1.5 PVU; White contour: 2 PVU;  Purple contours: Montgomery 
Streamfunction high at 370K; Blue contours: monsoon trough (low pressure) at 850 hPa. 
Green contour: 3-day (-7d to -5d) mean negative OLR anomaly (-10  to -30w/m2); Cyan 
contour: 3-day (-4d to -2d) mean negative OLR anomaly (-10  to -30w/m2) 

 

The eddy shedding process presented in Section 5.4 provides an explanation how the 

monsoonal heat leads to the number of events (southward shift of upper-level trough, 

upper-level PV anomaly, weak inertial stability north of the Himalayas) via eddy 

shedding process and brings favorable synoptic conditions for the cloudbursts. First, the 

eddy shedding process explains how the monsoonal heating leads to the Rossby wave 

break, southward intrusion of westerly trough and positive PV anomaly over the Nepal 

Himalayas. Second, it also explains how, low PV from the low latitude is advected to 

north of Nepal Himalayas and high PV from high latitude is advected to the south of 

Nepal Himalayas.  Low PV (high PV) is one of the indicators of low (high) inertial 

stability, which is similar to negative value of α (force balance parameter).  



	 115	

Chapter 6 

Conclusions and Future Work 

6.1 Conclusions 

Despite the catastrophic impact on the human lives and the socio-economy in the 

Himalayan countries, only little attention is given to the meteorological study of 

“cloudbursts” and for those studies, the was mostly limited to the damage and flood 

assessment. Understanding cloudburst dynamics not only has huge implications in 

predicting this phenomenon in order to save lives in the Himalayan region but also has 

implications in the scientific community regarding the unique dynamics of this 

phenomena. The purpose of this study is of two fold. The first is to address the question 

how cloudburst synoptic conditions are different from normal monsoon synoptic systems. 

The second is to explore what and how favorable conditions for the cloudbursts are 

triggered. To address these questions three hypothesis were set and tested.  

 

The study proved the first hypothesis that synoptic conditions during the cloudbursts are 

significantly different from the normal climatological monsoon conditions. Based on 

composite analysis this study proposes a conceptual model describing the interaction of 

observed upper-level and surface synoptic features during cloudburst events. The 

conceptual model includes the shift of the easterly and westerly jets to locations closer to 

the Nepal Himalayas.  Analyses suggest that this might have played an important role for 

favorable condition for the large-scale enhance rising motion. An upper-level trough and 

PV anomaly might have also played critical roles in triggering and intensifying a surface 

low over the Nepal Himalayas and helping stronger southerly surface flow from the 

Arabian Sea to converge towards the slopes of the Nepal Himalayas. 
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This study proved a second hypothesis that, during the cloudburst events, tropical-

extratropical interaction exceeds climatology. The study found that along the longitudinal 

cross-section of Nepal the northern local Hadley Cell is stronger, northward transport of 

westerly momentum by mean circulation, by both transient and stationary eddies is 

stronger than expected from the climatological means. Bordoni and Schneider (2008) 

argued than the horizontal flux divergence by transient eddies have a capacity to 

strengthen the Hadley cell. It is interesting to point out that the transport by the mean 

meridional circulation is nevertheless greater than by the transient eddies. This suggests 

than transient eddies may not have a dominant role in transporting momentum or to 

strengthening the local Hadley cell. 

 

Third this study found that a northward-displaced tropical heating anomaly, represented 

by negative OLR minima, precedes the cloudburst events. The heating from a negative 

OLR minima, appearing in composited average conditions,  is consistent with the 

enhanced eddy shedding process and the southward intrusion of upper-level trough west 

of Nepal Himalayas. The weak inertial force north of the Nepal Himalayas and strong 

inertial force south of the Nepal Himalayas, which is consistent with the enhanced 

tropical-extratropical interaction during the cloudbursts, seems to be associated with the 

low and high PV advection during the eddy shedding process. Therefore this study 

suggests that strong convective heating north and east of typical monsoon under proper 

conditions can lead to the enhanced low PV eddy shedding that in turn, breaches the 

inertial wall that  contains the monsoon circulation south of the Himalayas from 

interacting with flow to the north.  The result is the upper-level eruption of a poleward 

flowing tropical plume that connects to low levels by drawing the monsoon flow 

poleward, across the Himalayas, leading to cloudbursts events in the Nepal Himalayas.  
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6.2 Limitations 

Since in situ storm data is quite limited, this study relied on daily rainfall measurements 

from direct observations augmented by satellite-derived estimates, to identify the 

cloudbursts. If directly observed vertical profiles of thermodynamic quantities were 

available, observationally-derived criteria for these events could have been developed.   

Instead, especially in the upper-level, this research used reanalysis data (ERA-Interim). 

Since there are no real-time upper-level observations taken in Nepal, limited in-situ 

information was incorporated in ERA-Interim reanalysis data. Although the upper-air 

ERA-Interim analysis cannot be verified directly against locally collected data, the data 

collected in the region of Asia and southern Asia together with satellite derived 

observations constrain the assimilated analysis and have demonstrated significant skill 

toward verification where data is available.   

 

For this reason, this study did not focus on case studies, storm structure and 

thermodynamics and evolution of storm and instead focused on how large scale 

conditions, resolved by the reanalysis systems, varied from normal or average conditions 

during the cloud burst events.  

 

This study used eddy-shedding theory based on the findings of Hsu and Plum (2000). 

According to this study, the eddy shedding pattern depends on the background zonal wind 

and strength of divergent wind, strength of beta-drift and latitudinal location of the 

heating function. The conclusions on eddy-shedding analysis in this dissertation, 

however, are only based on the latitudinal location of the heating center and did not 

incorporated other factors mentioned in Hsu and Plumb (2000). 
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6.3 Future Work 

Unavailability of sufficient in situ rainfall intensity data for cloudburst events limits our 

ability to analyze and identify cloudbursts based on rainfall intensity criteria. In such case 

well-evaluated remotely sensed data, like TRMM and Global Precipitation Measurement 

(GPM), could be very useful. Das et al. (2006) used TRMM hydrometeor data to compare 

the simulation results on cloudburst. Therefore, studies using satellite data to understand 

the thermodynamic structure of the cloudbursts in the Nepal Himalayas should be 

performed. 

 

The synoptic features identified for the cloudbursts in the Nepal Himalayas showed some 

similarities with the active monsoon condition in the Nepal Himalayas and the monsoon 

break in India. For example, the northward shift of monsoon trough that identified during 

the cloudburst events was also observed during the active monsoon case in the Nepal 

Himalayas and the monsoon break in India. Similarly, the southward shift of upper-level 

mid-latitude trough found during the cloudbursts was also noted during monsoon break in 

India.  Since, as discussed in Section 2.1.2a, the rainfall pattern during the cloudbursts are 

different from the typical active monsoon condition in the Nepal Himalayas, it is 

important to compare the atmospheric dynamics of the cloudbursts with the dynamics of 

the monsoon break in India and active monsoon in the Nepal Himalayas. The question for 

further research would be whether the dynamics of the cloudbursts are similar to the 

dynamics of monsoon break in India and active phase in the Nepal Himalayas, with only 

difference being increased magnitude of the significant synoptic features during the 

cloudbursts compared with during the monsoon break in India and active monsoon in the 

Nepal Himalayas or the dynamics of the cloudbursts are totally different from the 
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dynamics of the active monsoon in the Nepal Himalayas and monsoon break in India. 

The further research should focus on comparing following aspects between cloudburst 

events and monsoon break in India and active monsoon in the Nepal Himalayas 

o Upper-level synoptic features 

o Northward momentum transport  

o Eddy-shedding process 

o Upper-level Force balance analysis 

 

The findings on eddy shedding use only the beta-parameter from Hsu and Plumb (2000) 

and did not cover the role of background zone flow on eddy shedding during cloudburst 

event. Further research can be done on examining the role of background zone flow on 

eddy shedding during the cloudbursts. 
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